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ABSTRACT

The physics of tropical cyclone formation is not well understood, and more is known about the mature
hurricane than the formative mechanisms that produce it. It is believed part of the reason for this can be traced
to insufficient upper-level atmospheric data. Recent observations suggest that tropical cyclones are initiated by
asymmetric interactions associated with migratory upper-level potential vorticity disturbances and low-level
disturbances. Favored theories of cyclone formation, however, focus on internal processes associated with cumulus
convection and/or air-sea interaction. This work focuses on external mechanisms of cyclone formation and,
using both a two- and three-dimensional moist geostrophic momentum model, investigates the role of upper-
level potential vorticity disturbances on the formation process.

A conceptual model of tropical cyclone formation is proposed, and implications of the theory are discussed.

1. Introduction

Tropical cyclones are large-scale rotary storms that
form over warm ocean waters in tropical regions, and
their outer circulations can extend more than 1000 km
from the storm center. The mature tropical cyclone
(called a hurricane in the Atlantic and a typhoon in
the Pacific), possesses sustained surface winds of 33
m s~ ! or higher, and represents the most intense phase
in the tropical cyclone life cycle. Its extremely high
winds, torrential rainfall, and storm surge make the
hurricane one of the most life threatening and destruc-
tive natural phenomena on earth. The less intense
tropical cyclones are called tropical depressions (rotary
winds less than 17 m s™') and tropical storms (rotary
winds less than 33 m s '), but they too carry destruc-
tive potential and are frequently associated with heavy
precipitation. Surprisingly little is known about how
tropical cyclones form (Frank 1987). There is limited
data over the oceans where the formation process oc-
curs, and a widely accepted model of tropical cyclone
formation (defined here as the transformation from a
tropical disturbance to a tropical cyclone, and used
interchangeably with genesis throughout) does not yet
exist.

In the absence of reliable forecast capability, priority
has been given to providing sufficient warning to in-
habited coastal areas by predicting the track of the ma-

* Present affiliation: Department of Atmospheric Sciences, Colo-
rado State University.

Corresponding author address: Dr. Michael T. Montgomery, De-
partment of Atmospheric Sciences, Colorado State University, Fort
Collins, CO 80523.

© 1993 American Meteorological Society

ture tropical cyclone (Elsberry 1987; Elsberry and Ab-
bey 1991). The problem of predicting the time and
location of cyclone formation has proven to be more
difficult, and understanding the physics of tropical cy-
clone formation remains a central problem in meteo-
rology and atmospheric forecast.

It is widely accepted that tropical cyclones form in
moist unstable environments in association with low-
level tropical disturbances (such as easterly waves, or
tropical cloud clusters) and warm sea surface temper-
atures, though only a very small percentage of these
disturbances evolve into tropical cyclones. For exam-
ple, during the warmer months in the North Atlantic,
at least one westward-moving disturbance is present
every day, but an average of only eight disturbances
per year become tropical storms, and about 60% of
these achieve hurricane strength (Palmen and Newton
1969). Thus, a tropical disturbance that somehow has
been transformed into a tropical storm will likely in-
tensify into a hurricane, but the factors responsible for
the transformation of a tropical disturbance into a
tropical storm, and ultimately into a full-fledged hur-
ricane, are poorly understood.

Tropical cyclones are considered to form by a process
completely different from that responsible for midlat-
itude cyclone formation. Midlatitude cyclones form
by extracting available potential energy stored in areas
of strong baroclinicity. Baroclinic dynamics is believed
unimportant in tropical cyclone formation since sur-
face temperature gradients in the tropics are small and
much of the tropical atmosphere does not support
baroclinic instabilities. Rather, the heat of condensation
and the convective available potential energy (CAPE)
in moist convective cloud systems appears to be the
primary hurricane energy source. Tropical cyclones
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were thus originally viewed as large-scale instabilities
associated with conditionally unstable tropical air.

Early theoretical work focused on conditional insta-
bilities of a quiescent atmosphere in a rapidly rotating
environment, but failed to find rotary instabilities with
scales comparable to tropical cyclones. Indeed, linear
convective models favored the smallest cumulus scales
(Haque 1952; Lilly 1960; and others). A new type of
instability, called conditional instability of the second
kind (CISK), was then proposed to explain the growth
of the tropical depression (Charney and Eliassen 1964;
Ooyama 1964). In CISK, tropical depressions intensify
by utilizing the CAPE through a cooperative feedback
between cumulus clouds and the large-scale flow. For
suitable parameter values, linear CISK predicts large-
scale amplifying disturbances with e-folding times on
the order of a few days. A shortfall of linearized CISK
theory, however, is that the exponential growth rate is
sensitive to the parameterized vertical heating distri-
bution representing the cumulus ensemble. Depending
upon model assumptions, growth rates may diverge
for the smaller scales (Pederson and Rasmussen 1985;
Pederson 1991). ‘

As noted by Ooyama (1982), the CISK acronym in
common usage today no longer conveys a clear mean-
ing. Physically speaking, the CISK closure is only valid
after an incipient vortex has attained sufficient strength
and organization so that the cloud-organizing meso-
scales are correlated with the balanced flow. The CISK
closure is invalid in the early stage of the tropical cy-
clone since the characteristic scales of the convective
clouds and the balanced flow (the latter defined by the
internal deformation radius) are so disparate, and was
never intended for inquiry into the question of tropical
cyclogenesis (Ooyama 1982). Hence, while most an-
alytical demonstrations of CISK are linear, the results
should only be interpreted physically as describing
storm intensification starting from an already well-de-
veloped circulation. An analytical CISK theory that
investigates such threshold behavior has been devel-
oped recently by Handel (1990). In this work, CISK
will generically be regarded as a cooperative intensifi-
cation process.

Recently, air—sea interaction theory has been pro-
posed as an alternative to CISK (Rotunno and Eman-
uel 1987; Emanuel 1991). This theory emphasizes
augmented latent and sensible heat sea-to-air transfer
above ambient values, but also requires sufficiently
well-developed axisymmetric disturbances to initiate
the air-sea interaction intensification process. Thus,
both CISK and air-sea interaction implicitly assume
that the transformation from a tropical disturbance to
a finite-amplitude rotary system has already taken
place, while the processes that produce such initial flow
configurations are not addressed in either theory.

A different theoretical approach to the tropical cy-
clogenesis problem focuses on the effects of eddy an-
gular momentum fluxes associated with upper-level
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wave asymmetries in the environment of tropical dis-
turbances. While the importance of eddy angular mo-
mentum fluxes in the mature hurricane environment
was suggested long ago by Pfeffer (1955, 1958), ob-
servations suggest that upper-level asymmetries may
also be important in cyclogenesis. Using a three-di-
mensional primitive equation model with cloud phys-
ics, Challa and Pfeffer (1990) illustrate rapid hurricane
development in cases of strong eddy momentum flux
convergence toward the storm center. In this approach,
tropical cyclones are viewed to form efficiently in con-
junction with cumulus convection and external forcing
by upper-level wave asymmetries rather than from
solely internal cooperative processes between cumulus
convection and frictional convergence in the boundary
layer.

Observations of tropical cyclone formation in the
western North Atlantic basin suggest that a juxtapo-
sition between a westerly moving upper-level trough,
and an easterly moving low-level tropical disturbance
is associated with spinup of a tropical storm (Riehl
1948, 1979; Erickson 1967; Yanai 1968; Hawkins and
Rubsam 1968; Bosart and Bartlo 1991; Reilly and
Emanuel 1991; J. Molinari 1991, personal commu-
nication ). The majority of these storms supported by
upper-level disturbances develop, sometimes quite
rapidly, into hurricanes ‘at later times. Observations
during the Australian Monsoon Experiment (AMEX)
document the formation and structure of tropical cy-
clones Irma and Jason, which developed over the Gulf
of Carpentaria in northern Australia and evolved al-
most entirely within the experiment’s observing net-
work (Davidson et al. 1990). This work suggests that
both Irma and Jason formed in association with an
equatorward-moving tropical upper-tropospheric
trough (TUTT; Sadler 1978). An interaction between
the TUTT and a low-level vorticity maximum appears
to occur for both cases resulting in a spinup of a tropical
cyclone. Interestingly, this spinup process associated
with upper- and lower-level disturbances is very similar
to the process by which midlatitude and polar cyclones
form (Shapiro et al. 1987; Whitaker et al. 1988; Bus-
inger 1991).

Potential vorticity has proven useful in understand-
ing large-scale midlatitude dynamics, and its use is be-
coming more widely appreciated in tropical motion
systems (Schubert and Hack 1983; Thorpe 1985;
Schubert and Alworth 1987; Schubert et al. 1991).
Previous work has confirmed the role of upper-level
potential vorticity disturbances on the formation of
midlatitude cyclones, fronts, and polar cyclones
(Eliassen and Kleinschmidt 1957; Farrell 1982, 1984,
1985; Hoskins et al. 1985; Whitaker et al. 1988; Davis
and Emanuel 1990; Thorncroft and Hoskins 1990;
Montgomery 1990; Montgomery and Farrell 1990,
1991, 1992). In this work we investigate the influence
of upper-level potential vorticity disturbances on trop-
ical cyclone formation within the context of two simple
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nonlinear balanced models that incorporate moist
processes. Moist convection is modeled in a simple
manner by assuming near neutrality in regions of
forced ascent, but additional cooperative intensification
mechanisms are neglected. In this model moist pro-
cesses act to reduce the effective static stability to as-
cending parcels and provide a source /sink term in the
evolution equation for dry potential vorticity.

Asymmetric interactions between upper- and low-
level disturbances are first explored by studying the
response of a balanced slab-symmetric vortex to upper-
level momentum driving in a nearly moist neutral (but
statically stable) tropical atmosphere. The second part
investigates for the first time in a tropical context the
fully three-dimensional balanced dynamics of such
processes, and a conceptual model for tropical cyclone
formation in association with upper-level potential
vorticity forcing is proposed. We conclude by sum-
marizing our results, and we point to future work, and
discuss implications of the theory.

2. Symmetric response to external driving

In this section we adopt a simple balanced-vortex
model for exploring the role of upper-level disturbances
in tropical cyclone formation. All tilde variables will
refer to dimensional variables, and nontilde variables
will be dimensionless. Bold variables denote vector
quantities. The flow model is a two-dimensional, slab-
symmetric (i.e., /37 = 0), Boussinesq geostrophic
momentum model that approximates the horizontal
momentum per unit mass vector by its geostrophic
value, Py =~ ¥, = (0, ¥,) (Hoskins 1975). We assume
geostrophic balance in the x direction. In the y direction
an external force per unit mass, F, is applied to the
fluid, inducing meridional accelerations, and an atten-
dant secondary circulation in the x-z plane. Hydro-
staticity and mass conservation for a Boussinesq fluid
are assumed. The latent heat of condensation is rep-
resented by a heat source, G, in the entropy equation
for dry air, and as in previous work, ascending parcels
are assumed saturated and to conserve saturated en-
tropy. During parcel ascent all condensed water is as-
sumed to rain out (or remain suspended in cloud),
but on descent, parcels conserve dry entropy (Mont-
gomery and Farrell 1991, hereafter referred to as MF).!
Expressions for ®g and F are given below.

The vortex model is given by

J ~
fbg af ¢total (213)
0 ad d .
G =+ ws b, + fi, = F, 2.1b
(az ”“af+waz~)”g Ja (2.15)

' In a recent paper on polar low dynamics, our interpretation of
the moisture parameterization has been extended to include a moist
unstable troposphere (Montgomery and Farrell 1992).
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= @total = .
O 9z (2.1¢)
d 3] i)
( Filagz R z)gmm =65, (21d)
o, oW
250, (2.1¢)

where ¥, denotes the meridional geostrophic wind;
$ ! denotes the total geopotential; (#,, W) denote the
zonal ageostrophic and vertical winds, respectively;
@™ denotes the total potential temperature; 0, rep-
resents a characteristic surface temperature; and g and
f denote the gravitational constant and the Coriolis
parameter, respectively. The depth between the top of
the boundary layer (Z = 0.0) and tropical tropopause
is defined as H, and the tropopause is represented by
an increased static stability below anigidlidat Z = H.
For simplicity, in this section we neglect Ekman
pumping on Z = 0, so the boundary condition is that
W vanish on Z = H, 0. Zonal periodicity is also as-
sumed. .

The external force, F, is assumed to model an eddy
momentum flux convergence at upper levels as in
Challa and Pfeffer (1980), who illustrated the role of
eddy momentum fluxes in hurricane development us-
ing Sundgqvist’s axisymmetric tropical cyclone model
with cloud physics. Here, we associate the momentum
flux convergence with upper-level migratory potential
vorticity anomalies, and our goal is to understand vor-
tex response with a simpler balanced model that in-
corporates moist processes. The current formulation
extends the hurricane model of Gill (1982) by includ-
ing finite Rossby number effects, and momentum
driving.

In this work, the dry potential vorticity (henceforth
referred to as PV) is adopted as a primary variable.
Our definition for PV is

O, = f@
and @,,, denotes the absolute vorticity evaluated with
the geostrophic winds. We choose to define PV in units
of the static stability since from a dynamical viewpoint
it plays the same role as the dry static stability in the
transformed dimensional system. In contrast to the
quasigeostrophic system, however, the equivalent dry
static stability is solution dependent and a function of
space. An equivalent system [defined by (2.6) and
(2.7)] is solved in terms of @, in geostrophic coordi-
nates

wabs V@ total

K=z,
f

z

I

Z,

¥ total _ otal 1.
Groal = goal 4252, (2.2)
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and transformed back to real coordinates. The heating
term in the transformed system is given by

. W*Qg(
g

05 = 1 - R(Z)H(W)Oy;  (2.3)

H(W) denotes a Heaviside function such that H = 1
if w> 0 and H = 0 otherwise; w* = J~'W, where J ™'
=1 — f7'8%,/8X; and J denotes both the vertical
component of the absolute vorticity and the Jacobian
of the coordinate transformation. Finally, R(Z) is a
dimensionless stability parameter measuring the de-
viation from moist adiabatic ascent on absolute mo-
mentum surfaces fX = const. While we acknowledge
that some form of air-sea interaction is needed to
maintain a state of conditional neutrality, we neglect
additional energy sources associated with CISK or air-
sea interaction and their attendant intensification
mechanisms. Of course, real convection also entrains,
but for simplicity we neglect such complications in a
first study in order to isolate the physics behind the
upper-level forcing mechanism. The simulated bal-
anced spinup should thus tend to underestimate the
spinup that would occur if we included large-scale en-
trainment of midlevel air by the cumulus ensemble.
Further details regarding the R parameter can be found
in Montgomery and Farrell (1992) and references
therein.

Scaling for (2.1) is as follows. Let N? denote the dry
static stability, and F; represent a characteristic value
of external forcing. For a characteristic horizontal
length scale, we choose the Rossby deformation radius
(NH/f), and for a characteristic vertical scale, we
choose the height of the tropopause (H). For the time
scale we choose (NH/F,). Flow variables ($*%,

et Dg, W Q‘°‘a‘) are scaled via
é‘total - N2H2[q)h + (I)] + gHZ
. 0 8. . Oy N°H
total __ EQ (_9.27 Q‘Otal = -l——— [®h + @] + @0
ad
¥, = NHv, = NHE)?
5e o,
N
-y
a f a

Pl = N2Q, = N2(1 + g). (2.4)
In (2.4), ®,(=Z?2/2) and O, (=Z) comprise the hy-
drostatic background state with uniform static stability;
4, is the anomalous dry potential vorticity; and & in-
cludes both the initial vortex structure and the in-
creased static stability layer as a model for the tropical
tropopause. Expressions for ® are given below.
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The external force is taken to be
F(X, Z) = —F, sin(gl{) sin[f- (Z — Zc)], (2.5)
Ly D

for Z, < Z < Z. + D, and zero otherwise. The force
is maximum at Z = Z, + D/2, and D represents the
depth of the upper-level forcing. The force (2.5) induces
cyclonic flow at X = Ly/2 and anticyclonic flow at X
= 0, where Ly represents the width of the computa-
tional domain. In this work, we choose D = 0.4 and

= 0.4.

In this section, we choose f =5 X 107557/ N
=0.8X 107257, @, = 300 K, and a tropopause helght
of H=15km. Dlagnostlc analyses of hurricane inten-
sity change in association with upper-level disturbances
find momentum flux convergences of ~26 m s~' day !
(Molinari and Vollaro 1989). This implies Fy = 3
X 10~ m s 2. Hence, for these parameters, the hori-
zontal length scale is 2400 km. The geostrophic velocity
scale (VH)is 120 m s~!, the vertical velocity scale (Fo/
N)is 3.75 cm s™!, and the zonal ageostrophic velocity
scale (Fy/f)is 6 m s~'. The potential-temperature scale
(OON 2H/g)is 29. 38 K, the potential vorticity scale (NV 2)
is0.64 X 10~* s2, and the time scale (NH/Fp)is 111 h.

In terms of anomalous dry potential vorticity, g,,
the dimensionless vortex equations are as follows:

9
= H(w)Ja—Z— [W*(1 + g)(1 — R(Z))]

pr
d0\ dF 00 oF
+ J[(l +'a—2—)é}-—-(§52-] , (2.6a)
9
5?0 0, on Z=0,1 (2.6b)
*®  9%®
(1 +qg)&—2+5~z—2 = g, (2.6¢)
KA oy 9? 6F a(F O(F, v,)
= —— 2.6
X [difax} 622¢ 8(X zZ)’ (2.6d)
where
a d d
— ==t F—tw—=
(A) DT ot "ax "z
(B) ___8(F, Ve) = E%_E?ﬁ&:
HX,Z) 06X dZ dZ oX
(C) H(w) denotes the Heaviside function defined
above,
Q.,R(Z), when w>0
(D) Qey=1
()8 when w<0

(E) Deep saturated ascent in a nearly moist neutral
tropical atmosphere is idealized by R(Z) = Ry, where
Ry is a small positive constant defined below.
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Y
* I 4
(F) X
3%
_l= — o
J 1 ax?
w = Jw*
_ 0
ua~+aZ+waZ
— d total __
Qp=J 55 0 = 1 + g, (2.7)

(G) Flow variables in physical coordinates (x, z)
are obtained via the nonlinear transformation:

X=X—0,(X,2Z,T)

z=Z. (2.8)
Here X periodicity is assumed for all flow variables.
Along the horizontal boundaries Z = 1, 0, we impose
0 =9%/3Z, and ¢ = 0. Equations (2.6) comprise two
prognostic equations for the interior potential vorticity
(2.6a) and boundary potential temperature (2.6b), as
well as two diagnostic equations expressing invertibility
(2.6¢) and thermal wind balance (2.3e). [ The latter is
analogous to the slab-symmetric version of Eliassen’s
streamfunction equation for the transverse circulation
in a circular vortex under gradient wind balance
(Eliassen 1951).] The numerical method for solving
(2.6) is similar to previous work (MF), and the flow
domain is a rectangle whose X and Z dimensions are
Ly and 1, respectively. The elliptic equations (2.6¢)
and (2.6d) are solved by SOR on a uniform rectangular
grid with 332 points. The nondimensional time step
increment used is 1/72 and corresponds dimensionally
1o 1.54 h. The applied forcing is held constant in time
and produces both positive and negative PV anomalies.
Integrations are terminated when the total PV, 1 + g,
becomes negative.

Up to this point we have treated R(Z) as a “free
parameter,” but in reality, low-level tropical distur-
bances, such as easterly waves or tropical cloud clusters,
play a dual role by providing an initial vorticity dis-
turbance and helping establish a near-moist neutral
environment. Thus, although our model formulation
formally treats R and the initial flow as independent
parameters, we henceforth assume that the initial low-
level disturbance has already established a moist neutral
state. A nearly moist neutral atmosphere is represented
by choosing a small value of R in (D). In this section,
we use Ry = 0.01 for moist dynamics and Ry = 1 for
dry dynamics. v

Also note that the magnitude of the external force,
Fy, has purposely been scaled out of the dynamics
(2.6)-(2.8), and only enters the interpretation of the
results via the ageostrophic winds and the time scale.

MONTGOMERY AND FARRELL

289

a. Examples

The physics of spinup is illustrated with the initial
condition

&= é Z5 + Acos(kX) exp(—vZ), (2.9)

where 4 = 1/50, v = 2.3, and k = 5. The initial flow
is a superposition of a quiescent tropopause layer and
a cyclonic surface vortex centered at X = 0.63. The
upper-level forcing, F, and the y velocity, v,, associated
with (2.9) both vary as —sin(kX). The results for the
moist case are summarized in Figs. la-1c, and salient
features are discussed below.

1) GEOSTROPHIC WIND AND ANOMOLOUS PV

Figure la displays the meridional geostrophic ve-
locity, v,, and the anomalous PV, ¢,, at 7= 0.0, 0.25,
and 0.61 nondimensional times (0, 27.7, and 67.7 h).
Note the changing contour interval for both plots. Ini-
tially, the maximum geostrophic wind is at the surface
(12 m s7!) with a diameter of maximum winds of ap-
proximately 1500 km. By 7 = 0.61, the upper-level
forcing has created a strong PV maximum at upper
levels along with a thin tube of PV that extends down
to the surface. A secondary maximum is evident on Z
= 0. In association with the primary PV maximum,
the winds are greatest at upper levels. The induced low-
level potential vorticity, however, coincides with an
increased surface wind and a substantial scale con-
traction of the surface vortex. The surface winds in-
crease from 0.1 (12 ms™')t00.18 (21.6 m s ™! during
this time.

2) ABSOLUTE VORTICITY

Figure 1b shows the vertical component of the ab-
solute vorticity normalized by f for the same times of
Fig. 1a. Since the vertical component of the absolute
vorticity and Jacobian are proportional to one another,
we will refer to them interchangeably. The maximum
absolute vorticity is initially 2 f on the surface. At T
= (.61 the absolute vorticity has increased rapidly to
25 f. Near X = (.63, the applied force produces cyclonic
vorticity at upper levels, but the dominant vorticity
increase occurs on the surface. Note also that the scale
of the surface vorticity shrinks dramatically during this
time.

3) VERTICAL VELOCITY AND POTENTIAL
TEMPERATURE

Figure 1¢ displays the potential-temperature anom-
aly © (which includes the model tropopause layer) and
the vertical velocity w for the same times of Fig. 1a.
At T = 0.0, (2.9) gives a warm surface anomaly cen-
tered at X = 0.63, but the anomaly is not indicated
due to the large contour interval used.
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F1G. 1a. Moist 2D vortex dynamics (R = 0.01) subject to upper-level momentum driving for the initial condition (2.9) at T = 0.0, 0.25,
and 0.61 nondimensional times (0.0, 28, and 68 h, respectively). The left column displays contour plots of the the meridional velocity, v,
while the right column displays the anomalous PV, g, = Q, — 1. At T = 0.0, the contour intervals for v, and g, are 0.02 and 0.50, respectively,
though they subsequently change with time. Solid lines denote positive values, dashed lines denote negative values, and bold lines denote
the zero contour. Unit values of v, and g, correspond to 120 m s~ and 0.64 X 107* 572, respectively.
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Fi1G. 1b. Moist 2D vortex dynamics (R = 0.01) as in Fig. la.
Shown are contour plots of the vertical component of the absolute
vorticity normalized by f, k - w,ps/ f- Note the changing contour in-
terval. Solid lines denote positive values. A unit value corresponds
to an absolute vorticity of 1 f.
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Now, in order to satisfy thermal-wind balance, the
intensifying upper cyclone requires descending motion
to heat the column above it and ascending motion to
cool the column below it. For a nearly moist neutral
atmosphere, the small static stability in ascent regions
prevents a substantial change in thermal structure de-
spite large vertical velocities. The O plot at 7" = 0.61
exhibits a small cooling in the core of the upper cyclone.
Thus, to preserve thermal-wind balance, stronger as-
cending motions are generally required. A substantial
asymmetry with respect to the strength of ascending
and descending motions is evident in both w plots.
Upward velocities increase slightly from 0.53 at 7= 0.0
t0 0.56 at 7= 0.61, and the width of the ascent region
shrinks during this period.

The assumption of deep moist neutrality has im-
portant implications for vorticity dynamics: As R —
0, ascending regions extend much farther down into
the lower troposphere than would occur in a dry at-
mosphere (i.e., for R = 1). Therefore, for moist dy-
namics, we expect significantly stronger low-level vor-
tex stretching and consequently enhanced coupling
between upper- and lower-level disturbances.

Results for dry dynamics (R = 1.0) using the same
initial condition are displayed in Figs. 2a and 2b. Figure

. 2a shows the meridional velocity v,, the anomalous

PV g,, and the absolute vorticity at 7 = 0.5. In this
case, upper-level forcing produces a more localized up-
per cyclone and a very weak spinup at low levels. Figure
2b shows © and w at 7 = 0.0 and 0.5. Rising motion
is confined to upper levels and is only half as strong as
in the case of moist neutral dynamics.

Thus, for dry dynamics, upper-level forcing produces
an upper cyclone with minimal surface development.
For nearly moist neutral dynamics, upper-level forcing
promotes surface development through deep ascending
motions required to maintain thermal-wind balance.
Moist development is accompanied by a rapid scale
contraction to subsynoptic scales. These conclusions
are in accord with those of Shi et al. (1990, see their
Fig. 11), who, in part of their study, employed a prim-
itive equation model to study the atmospheric response
to upper-level momentum driving with and without
cumulus convection.

3. Three-dimensional PV dynamics

In the previous section, the symmetric response to
upper-level driving was studied as an idealization of
asymmetric interactions between upper- and lower-
level PV disturbances. Here, we investigate the fully
three-dimensional balanced PV dynamics of such pro-
cesses in a nearly moist neutral tropical atmosphere.
We employ the geostrophic momentum approximation
with moist processes modeled as in section 2. The
model is based on the three-dimensional Boussinesq
geostrophic momentum model (abbreviated hereafter
as GM) developed by Hoskins (1975), Hoskins and
Draghici (1977), and Heckley and Hoskins (1982).
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FiG. 1c. Moist 2D vortex dynamics (R = 0.01) as in Fig. laat 7= 0.0 and 0.61 (0.0 h and 68 h, respectively). The left column displays
contour plots of the potential temperature anomaly ©, while the right column displays the vertical velocity w. Solid lines denote positive
values, dashed lines denote negative values, and bold lines denote the zero contour. Unit values of ® and w correspond to 29.4 K and 3.75

cm s™!, respectively.

The model is integrated in geostrophic coordinates (X,
Y, Z) given by (3.5¢)-(3.5g). We further assume that
the combination of moist convection and moist en-
thalpy sea-to-air fluxes merely maintain a state of moist
neutrality to ascending parcels. Additional energy
sources associated with CISK or air-sea interaction are
neglected, and the planetary boundary layer is param-
eterized with an Ekman layer (described below).

The consistency of the three-dimensional GM ap-
proximation has been established for certain uniform
potential vorticity flows (Hoskins 1976). More re-
cently, however, Snyder et al. (1991) have found sys-
tematic differences between the primitive equations
and the geostrophic momentum equations with respect
to the horizontal phase tilt of baroclinic waves and the
strengths of the model anticyclones. Nevertheless, their
study shows relatively small discrepancies between the
strengths of the model cyclones. Thus, despite these
differences in detail, the GM model appears to contain

the basic elements for describing the cyclogenesis pro-
cess. We believe that a basic understanding of tropical
cyclone formation, and perhaps even certain aspects
of tropical cyclone development, can be obtained
with this relatively simple three-dimensional balanced
system.

a. 3D model formulation

Notational conventions are the same as in section
2. Nomenclature for the basic-state and disturbance
flow configurations can be briefly described in terms
of the modified geopotential ® = ¢ + (@2 + 7). The
hydrostatic state for a troposphere with uniform static
stability is denoted as ®,. The tropical tropopause is
represented by an increased static stability below a rigid
upper lid at Z = H; the tropopause part is denoted
by ®,. The static stability increases monotonically
with the most rapid increase near the upper lid. The
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FI1G. 2a. Dry 2D vortex dynamics (R = 1.0) subject to upper-level momentum driving for the initial condition (2.9) at T = 0.5 (55.5
h). Shown are the meridional geostrophic wind, v,, the anomalous PV, g,, and the absolute vorticity divided by f. Solid lines denote positive
values, dashed lines denote negative values, and bold lines denote the zero contour. Unit values of v, g,, and normalized absolute vorticity

are the same as in Fig. la.

finite-amplitude flow structures that comprise the
upper- and lower-level disturbances will be denoted,
respectively, by ®;, and ®}; their sum will be denoted
by &'

An illustrative example is the case of tropical storm
Diana (Bosart and Bartlo 1991; Reilly and Emanuel
1991). Diana formed in the subtropics in September
1984 in conjunction with a westerly moving upper-
level PV anomaly and a surface front off the north-
eastern coast of Florida. The observed basic-state flow
consisted of a weak westerly flow at upper levels (Z
= H), no motion on Z = 0, and a weak surface tem-
perature gradient. For simplicity, we choose

= . Z\2
0(Z) = Uo(g), (3.1)

where U is a characteristic velocity magnitude defined
below. Relative motion between upper-level troughs

and low-level disturbances does not occur without some
-vertical shear of the horizontal winds. Thus, (3.1) may
be widely applicable to other tropical flows possessing
upper-level westerlies and low-level easterlies, perhaps
under a suitable Galilean transformation. In terms of
the modified geopotential the corresponding basic-state
flow [defined in (3.3)] is denoted as & and we choose
Uo =17 m S_] .

Parameters for the three-dimensional model are
chosen to be consistent with the Diana case, but the
results are believed representative of many subtropical
developments. The choice of scaling and a list of non-
dimensional parameters are given in Table 1. The hor-
izontal scale is 1333 km and corresponds to the ambient
Rossby deformation radius. The vertical scale is 12 km
and represents the approximate depth between the
subtropical tropopause and the top of the boundary
layer. One advective time unit corresponds to 21.78 h,
the horizontal velocity scale is 17 m s, the vertical



294

JOURNAL OF THE ATMOSPHERIC SCIENCES

VoL. 50, No. 2

8 T= 0.0
1.0 L . '
0.20
0.10
z g5 | z
—— /__
_ |° -
00 1 | 1
0.00 0.63 1.26
z z
T= 0.50
1.0+ . ] e 1.0 : '
(=]
/50
0 _____*_/
z - °
0.5 — C— z
0.0 T
0.00 0.63 1.26 0.63 1.26
x x

" FIG. 2b. Dry 2D vortex dynamics (R = 1.0) as in Fig. 2a at T = 0.0, and 0.5 (0.0, 55.5 h, respectively). The left column displays contour
plots of the potential temperature anomaly, ©, while the right column displays the vertical velocity, w. Plotting conventions and characteristic

values for © and w are the same as in Fig. lc.

velocity scale is 15.3 cm s™!, and the temperature scale

is 23 K. If we assume a boundary-layer depth of ap-
proximately 1 km, then Z = 1.0 corresponds to 13 km.
The ambient zonal wind at Z = 0.75 (=10 km) is 9.56
m s™!, while the zonal wind at Z = 0.5 (=7 km) is
4.25 ms™'. Scaled expressions for the total fields
(&,total, @total, ﬁ;otal’ W, _thotal) are

L

VR,

Proal — N2H2[<I>,,,+ &, + (® + @’)] + gHZ

. & 9 -
@toml = — q,total
g 0Z
OuN2H 1o
=—|:®h+@,r+"/'?i(@+®)]+®0
ﬁtotal = l_( X v &)total = U
g 7 H oUg

W= f%w
Q;otal =N2Qg (32)
and
ZZ
‘I’},—'E‘, @h=Z
¢tl' SZ 5 ®Ir SZ
- Ly
=-Y—-—|z2
(-3
_ L
®=—2(Y—7Y)Z, (3.3)

where Ly denotes the meridional width of the com-
putational domain. Expressions for O, and ' are given
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TABLE 1. Parameters for the three-dimensional geostrophic mo-
mentum system defined in section 3. See MF, and Montgomery and
Farrell (1992), for further details concerning the R parameter, and
text for values used.

Model parameters

N%=0.64 X 107*52

H=12km
f=072%x 105"
Uy=17ms!

LR=¥= 1333 km
T=LaUs'= VR /™ =21.78 h
Cp=2X%X1073

Dimensionless parameters

N2H?

Ri = = 3188
Ut
CDUO —
o= =393 x107?
17 3.9
Fnge
Fng

below, and R; = N?H?/ U3 is a characteristic Richard-
son number of the basic-state flow.

In terms of the total dry potential vorticity O, the
nondimensional moist GM equations are

(Dg n wé?Z—)Qg = H(0)J 5 (W0,(1 = RZ)),
(3.4a)
D6 =0, on Z=1 (3.4b)
D0 + VRw*Q, = VRIH(w*)w*Q,(1 — R(Z)),
on Z=0 (3.4c)
62(1)/

9?2 _
OVh¥ + - = VRi(Q, — 1) - @Nﬁéﬁ )

O (¥ ¥ 5
VR, \9X?9Y? ax9Y )’

2

0
V},[ngw*] + 52—5 w*

_2 L9

(U, v,)
V., F -0 4
VR,

Eﬁ $3(X. )’ (3.4d,e)

where

0 4

(A) Vy = (87’5)_’)

I(ug, V)  Ou, OV,  du, dv,

X,Y) 08X adY adY X

(B) 0X dY 4dY X
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J
(C) D, = ﬁ"+ u,Vy
(D)O=0+¢&
ou, Ju
=[[—=£}-Vy0,{ £ -V,0
o - () () =
(F) H(w) is the Heaviside function defined in
section 2
O, R(Z), when w>20
(G) Qey=1
o, when w<0 (3.5a)
(H) The moist stability parameter R(Z ) is defined
below.
(D
w = Jw*
1 1 (9%® 9% ¥
=] - =V +— | — — ——
/ VR, " R,»(ax2 3Y? axay)

—_ _2_ total
Ce=J579

(3.5b,c,d)
(J) The fields in physical coordinates (x, y, z) are
obtained via

1
x=X——=0,X,Y,Z,T)

VR,

1
Y=Y+ —=u(X,Y,Z, T)

VR,
z=Z2Z. (356,f,g)

Boundary conditions on the geopotential &’ are that
it remain doubly periodic in X and Y and satisfy &
= 09'/dZ along the horizontal boundaries Z = 0, 1.
Boundary conditions on the vertical velocity are that
w (hence w*) remain doubly periodic in X and Y; w
=0onZ=1l;andw=Jw*=8k-V,X7®0nZ=0.
In the latter, the dimensionless parameter 6 = CpUpy/
fH, V, denotes the gradient operator in real coordi-
nates,” and 7 is the nondimensional horizontal sur-
face stress vector. A simplified form of the quadratic
stress relationship described in Gill [1982; see Eq.
(9.5.1)] is used:

79 = |ug|ug(X, Y, 0, T). (3.5h)

Using a drag coefficient of Cp = 2 X 1073, the param-
eter values in Table 1 give § = 3.93 X 1072, Further
details concerning the numerical method and boundary
conditions are discussed in the Appendix.

The basic format of (3.4) is the same as (2.6), except
that we solve the three-dimensional omega equation

2See Appendix of Montgomery and Farrell (1992) for explicit
formulas for Vr in geostrophic coordinates.
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(3.4e) instead of two streamfunction equations for the
secondary circulation. The computational domain is
a rectangular cube whose X, Y, and Z dimensions are
Ly, Ly, and 1, respectively. We have chosen Ly = §
and Ly = 3.5, corresponding to a horizontal domain
of 6665 km X 4665 km. Let L, M, and N denote the
number of panels in the X, Y, and Z directions, respec-
tively. The horizontal grid increments in geostrophic
space are then 6X = Ly/L and 6Y = Ly/M, whereas
the vertical grid increment is 6Z = 1/N. With L = M
= 32,and N = 16, this corresponds to a horizontal grid
resolution in geostrophic coordinates of 208 km in X,
145 km in Y, and a vertical resolution of 750 m. The
nondimensional time step increment used in this sec-
tion is 1/36, and corresponds dimensionally to 36.3
minutes. Recall that the transformation from geo-
strophic coordinates to real coordinates compresses re-
gions where J is greater than unity and stretches regions
where J is less than unity so that regions of high vor-
ticity are well resolved and the coordinate transfor-
mation often more than doubles the resolution in these
regions. For completeness, a few examples were run at
a higher spatial and temporal resolution corresponding
toL =48, M = 36, N = 16, and DT = 1/72. The
simulated cyclones were slightly stronger, but the prin-
ciple flow features (discussed below) remained un-
changed. Therefore, we believe the chosen resolution
is sufficient for illustrating the basic physics.

As stated in section 2, we assume that low-level dis-
turbances have already established a moist neutral en-
vironment. For moist dynamics two simple models for
the moist stability parameter R(Z) are considered.
Moderately deep saturated ascent with a rapid adjust-
ment to a strongly stable layer near the tropopause is
modeled by R(Z) = Ry + (1 — Ry)Z®, and R, measures
the deviation from moist neutrality. Deep saturated
ascent in a moist neutral environment is modeled by
R(Z) = Ry. For moist dynamics, we use Ry = 0.03,
and we use R = 1.0 for dry dynamics.

b. 3D model results

Initial conditions prior to the formation of Diana
comprise a meridionally elongated upper-level PV
anomaly upwind of a surface front. The formation of
such PV structures is not uncommon in extratropical
flows [e.g., Fig. 10.4 in Palmen and Newton (1969) or
Figs. 7e and 7f in Thorncroft and Hoskins (1990)].
This particular disturbance came from an extratropical
synoptic-scale trough that underwent strong defor-
mation (Bosart and Bartlo 1991). For simplicity, the
surface front is idealized as a radially symmetric pos-
itive PV anomaly possessing a cold temperature per-
turbation at low levels. Letting u and / denote the upper
and lower disturbances, respectively, expressions for
these disturbances in geostrophic space are

A, 1
14302+ 1Y) 1 + 4(Z - Z,)?

P,
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B A 1
1+ 15R? 1 +8(Z—- 2Z)*°

@) (3.6a)

where

0X2=(X-X,)?% Y =(Y-Y,)*

RI=(X—=X)?+(Y - Y)?
=2 -_2%
A, = 0’ A 0" (3.6b)

The upper disturbance is centered at (X,, Y,, Z,)
= (1.7, 1.75,0.7), and the lower disturbance is centered
at (X, Y, Z;) = (2.5, 1.75, 0.2). East is defined as
positive X, and north is defined as positive Y. The rel-
ative vorticity of the upper disturbance is approxi-
mately 1.5 f, while the lower disturbance has a relative
vorticity maximum at Z = 0.2 of approximately 0.5 f.
These values are consistent with the analyses of Bosart
and Bartlo at 1200 UTC 7 September 1984 prior to
the cyclone formation phase.

Example 1. For the first example, we assume mod-
erately deep saturated ascent. Good development is
found in this case. Results are shown in Figs. 3a-d,
and salient features are discussed.

1) POTENTIAL VORTICITY AND VERTICAL
VELOCITY

Figure 3a shows three snapshots of the total potential
vorticity field Q, at T = 0, 2, and 4 advective times
corresponding to 0, 43, and 86 h, respectively. Contour
plots of horizontal sections of Q, are shown in the left
column of Fig. 3a, while the right column shows me-
ridional cross sections (Y = const). Meridional sections
are taken through the absolute vorticity maximum on
Z = 0. Figure 3b shows the vertical velocity at 7' = 4.0
in the same format as Fig. 3a. A horizontal cross section
of won Z = 0.25 is included in the bottom center.
Note the changing contour interval for w.

Initially, the upper PV anomaly is slightly under-
neath the tropopause layer and has an initial horizontal
scale of approximately 600 km. The upper-level
anomaly induces ascending motion in front of it and
descending motion behind it. The maximum vertical
velocity occurs at approximately Z = 0.5, with a sec-
ondary maximum in front of the low-level PV anom-
aly. The asymmetry between ascending and descending
motion and the deep narrow region of rising air (noted
in section 2) is evident.

By T = 4 (86 h), a small-scale PV maximum has
formed near (x, y) = (3.0, 2.4), with a dimensionless
maximum of 3.4. Latent heat release within the deep
ascent region (see Fig. 3b) produces a narrow “tube”
of PV that extends from Z = 0 to upper levels. The
PV maximum near Z = (.7 is associated with the initial
upper-level PV anomaly that is advected around the
developing low-level PV anomaly; at 7' = 2 the upper
anomaly lies slightly south of the meridional section
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FIG. 3a. Moist 3D dynamics for example 1, assuming moderately deep neutrality (R = Ry + (1 — Ro)Z®, Ry = 0.03) at T = 0.0, 2.0,
and 4.0 (0.0, 43.5, and 87 h, respectively). The initial condition is given by (3.6). Shown are contour plots of the nondimensional total
PV, (Q), at the top of the boundary layer Z = 0.0 (=1 km), and through a meridional cross section corresponding to the maximum
absolute vorticity on Z = 0.0. The contour interval is fixed at 0.50. Solid lines denote positive values, and one horizontal unit of distance
corresponds to 1333 km. The dimensional PV is obtained via J, = NQ,.
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FI1G. 3b. Moist 3D dynamics for example 1 (as in Fig. 3a) at 7 = 0.0, 2.0, and 4.0 (0 h, 43.3 h, and 87 h, respectively). Shown on the
left are contour plots of the nondimensional vertical velocity w at the top of the boundary layer Z = 0.0. On the right are meridional cross
sections of w. At the bottom center is a contour plot of w on Z = 0.25 (~4 km) at T' = 4.0. Note the changing contour interval. A unit
value of w corresponds to 15.3 cm s™'. Solid lines denote positive values, dashed lines denote negative values, and bold lines denote the
zero contour.
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and hence is not evident (cf. Fig. 4b). On Z = 1.0,
diabatic processes reduce the dimensionless potential
vorticity to a minimum of 4.34 (relative to an ambient
value of approximately 7) in the ascent region (not
shown). The uppermost portion of the initial PV
anomaly has moved northeastward over the surface
PV maximum (not shown). At T = 4.0, maximum
ascent occurs at approximately Z = 0.25 with an up-
ward velocity of 0.49, or 7.49 cm s™!. At the top of
the boundary layer, the upward velocity has a maxi-
mum of 0.44, or 6.73 cm s~!, and coincides with the
induced PV maximum.

Also by T' = 4.0, the surface PV maximum is nearly
surrounded by air rising out of the boundary layer, and
the meridional cross section of the vertical velocity
shows two ascending currents rising out of the bound-
ary layer. Note the beginning of a spiral PV structure
on Z = 0.0. At Z = 0.25 the region of upward motion
acquires a more north—south orientation but still tends
to surround the developing storm. The asymmetric
spiral pattern of rising moist air is consistent with sat-
ellite images showing comma cloud shapes that par-
tially encircle Diana, as well as for many developing
tropical cyclones (Frank 1987). The small tube of as-
cending air at upper levels is qualitatively similar to
the analyzed vertical motion field within tropical storm
Diana (Bosart and Bartlo 1991).

2) ABSOLUTE VORTICITY

Figure 3c shows the vertical component of the ab-
solute vorticity normalized by f(Jacobian)at 7= 0.0,
2.0, and 4.0 in the same format as Fig. 3a. At T = 0.0
the vertical structure of the absolute vorticity field tilts
slightly westward with height and represents a favorable
configuration for development in an upper-level west-
erly shear. At 7 = 2.0 the maximum absolute vorticity
occurs at Z = 0.3 with a maximum of 2.5f, and at T
= 4.0 the maximum absolute vorticity is found on Z
= (.0 with a value of 3.16 f. The spinup sequence con-
sists of a midlevel spinup followed by spinup at low
levels. Observations of the transformation from a trop-
ical disturbance into a tropical depression report a
similar vorticity spinup sequence ( Yanai 1968; see Figs.
10 and 11). Note also the scale contraction in the PV
and absolute vorticity fields.

3) HEIGHT FIELD AND HORIZONTAL WINDS

Vector plots of the nondimensional geostrophic
winds u, in geostrophic coordinates are shown in Fig.
3d at 7= 0.0 and T = 4.0. Displayed are horizontal
cross sections of the geostrophic winds on the upper
boundary (Z = 1.0), midlevel (Z = 0.5), and the top
of the boundary layer (Z = 0.0). The horizontal vector
in the bottom-left corner of each vertical column cor-
responds to 17 m s~!. The coordinate transformation
given by (3.5.e)-(3.5.g) and the attendant scale con-
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traction in cyclonic-flow regions is not included in this
plot.

At T = 0.0, the height field on Z = 0.0 (not shown)
has an anomaly over the model domain of 7 dam,
(pressure deficit of 8.4 mb). The low-level PV distur-
bance produces a large-scale cyclonic gyre with maxi-
mum surface winds of approximately 0.34 (5.78
ms~!). On Z = 0.5 (midlevel ) the maximum winds
are 0.66, (11.22 m s™!). The upper-level PV anomaly
contributes approximately 7 m s ! to these winds. On
Z = 1.0 (upper boundary) the maximum winds are
1.3 (22.1 ms™!), and the upper-level PV anomaly
contributes approximately 4 m s™! to these winds.

At T = 4.0 (86 h) the height-field anomaly on Z
= 0.0 (not shown) has increased to 20 dam (pressure
deficit of 24 mb). On Z = 0.0 the maximum geo-
strophic winds increase from 0.34 to 1.35, correspond-
ing to an increase from 5.78 m s 7' t022.9 ms™'. The
total horizontal winds uz = u, + u, (not shown) have
a similar rotary structure, but the magnitudes are
slightly reduced. At T = 4.0 the maximum total winds
onZ =0.0are 1.10, or 18.7 ms~!.

The strength of the horizontal winds decreases with
height until very near the tropopause layer, where they
increase again in association with the upper-level flow.
The maximum winds on Z = 1 are 2.24 (38 m s !).
Noteworthy features of the upper-level winds (Z = 1)
include a pronounced anticyclonic outflow slightly
downstream of the surface PV maximum, and an up-
per-level pressure ridge located near the upper-level
outflow. Integration was terminated at 7" = 4.0, but
related experiments indicate that storm intensification,
and a further contraction in the radius of maximum
winds, would occur at later times.

Consider the geostrophic winds on Z = 0.0 at T
= 4.0. If we plot wind speed versus distance from the
storm center (the center being defined by the point of
minimum pressure), we find upon transforming the
data back to real coordinates the radius of maximum
winds contracts by 300 km, from approximately 1300
km to 1000 km (neglecting the asymmetry). Therefore,
the low-level circulation in real coordinates occupies
a somewhat smaller area than indicated by Fig. 3d.
However, full-fledged hurricanes and even tropical
storms still have a substantially smaller radius of max-
imum winds. Further comment regarding the simu-
lated inner wind field structure is reserved for the con-
clusion. ‘

Example 2. As a second example, consider the same
initial condition as (3.6) but take R(Z) = Ry, with R,
= 0.03, as a model for deep moist neutral saturated
ascent. Development is more rapid in this case, and
results are displayed in Figs. 4a—c.

Figure 4a illustrates spinup at 7= 1 and 7" = 2.83
(21.7 and 61.6 h, respectively). The left column shows
vertical cross sections of the potential vorticity Q,
while the right column shows vertical cross sections of
the absolute vorticity field. The location of the merid-
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FiG. 3c. Moist 3D dynamics for example 1 (as in Fig. 3a) at T = 0.0, 2.0, and 4.0 (0.0, 43.5, and 87 h, respectively). Shown are contour
plots of the vertical component of absolute vorticity normalized by f, k + @/ f, at the top of the boundary layer Z = 0.0, and through the
meridional cross section corresponding to the absolute vorticity maximum on Z = 0.0. The contour interval is fixed at 0.50. Solid lines
denote positive values.
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horizontal vector in the bottom left corner of each column corresponds to 17 m s},
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FIG. 4a. Moist 3D dynamics for example 2 assuming deep neutral ascent (R(Z) = 0.03) at T = 1.0 and 2.83 (21.78 and 61.6 h,
respectively). The initial condition is given by (3.6). Shown are meridional cross sections of total PV, (Q,), and absolute vorticity. The
contour interval for both Q, and the absolute vorticity is fixed at 0.50. Solid lines denote positive values. Unit values are the same as in
Figs. 3a and 3c. One horizontal unit of distance corresponds to 1333 km.

ional cross section corresponds to the absolute vorticity
maximum on Z = 0.0. By 7' = 2.83, a thin tube of PV
and absolute vorticity extends high into the tropo-
sphere.

Figure 4b shows three horizontal plots of the total
potential vorticity O, and the Jacobian on Z = 1.0,
0.50, and 0.0 at T = 2.83. Horizontal plots of Q, are
shown in the left column, while the right column shows
horizontal contours of the absolute vorticity. The spin-
up sequence is similar to that in the first example, al-
though magnitudes of the PV and absolute vorticity
are larger in this case. A striking feature is the “hole”
in the PV field on Z = 1.0. Latent heat release has
carved out a region of extremely low (negative) PV,
and the uppermost portion of the initial PV anomaly

has disappeared. Integration was terminated at this
time, since Q, was negative in this region (~ —0.40),
and our elliptic solver for &’ would no longer converge.
The rapid destruction of upper-level PV is consistent
with observations of collapsing cold domes during
tropical cyclone formation (Riehl 1979; Bosart and
Bartlo 1991). .
Figure 4b exhibits a small-scale cyclonic PV anomaly
and absolute vorticity maximum throughout the lower
to middle troposphere between Z = 0.0 and Z = 0.5.
On Z = 0.5 there are two PV maxima. The small PV
maxima lies directly over the induced surface PV, while
the second maximum can be identified as the lower
portion of the initial upper-level PV anomaly. For rea-
sons discussed below, the latter PV maximum slowly
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FIG. 4b. Moist 3D dynamics for example 2 assuming deep neutral ascent (R(Z) = 0.03) at T = 2.83 (61.6 h). The left column shows

horizontal contour plots of total PV, (Q;),onZ =1.0,0.5,0.0. The ri
contour interval for both Q, and absolute vorticity is fixed at 0.50. S
Figs. 3a and 3c. The bold contour in the PV plot on Z = 1.0 indicates the zero PV contour.

ght column shows horizontal contour plots of absolute vorticity. The
olid lines denote positive values, and unit values are the same as in



304

2.7 —

0.9 —

Y 1.8 H

0.0 —1I

JOURNAL OF THE ATMOSPHERIC SCIENCES

VoL. 50, No. 2
T= 2.83
(z=0.25)
|
Na—\
Y 18] L
- A L
0.0 T
0.0 .
z
(y=251)
1.00 -} -
20.50 — -
0.00 T
0.0

0.0

FIG. 4c. Moist 3D dynamics for example 2 assuming deep neutral ascent [R(Z) = 0.03] at T = 2.83 (61.6 h). Shown are four plots of
the vertical velocity w consisting of one meridional cross section and three horizontal sections on Z = 0.75 (~10 km), 0.25 (~4 km), 0.0
(=1 km). The contour interval on Z = 0.0 is 0.05; otherwise, the contour interval is 0.10. Solid lines denote positive values, dashed lines
denote negative values, and bold lines denote the zero contour. A unit value of w corresponds to 15.3 cm s~

intensifies as it is advected around the more rapidly
developing smale-scale PV tube. On Z = 0.0 the max-
imum absolute vorticity is 4.66 f, while on Z = 1.0
there is a pool of low absolute vorticity in the ascent
region. The minimum absolute vorticity in this region
is +0.057 £, and the upper-level winds are strongly an-
ticyclonic (not shown). Slightly south of the vorticity
minimum lies a vorticity maximum associated with
upper-level frontogenesis on the rigid lid.

Figure 4c shows three horizontal contour plots of
the vertical velocity, w, taken at Z = 0.75, 0.25, and
0.0. The plot in the lower-right corner is a vertical cross
section of w taken through the absolute vorticity max-
imum on Z = (0.0. Note the small tube of rising moist
air extending from Z = 0.0 to Z = 0.75. The maximum
vertical velocity occurs near Z = 0.3 with a maximum
value of approximately 1.4, or 21.4 cm s™'. The max-
imum PV and absolute vorticity are also found at this

level. Magnitudes of the wind and pressure fields are
similar to example 1, but the horizontal scale of the
storm is slightly smaller than example 1.

Example 3. Results for dry adiabatic dynamics (R
= 1.0) are displayed in Fig. 5. The first plot is a me-
ridional cross section of the vertical velocity at T =
0.0, while the second plot is a snapshot of the geo-
strophic winds at 7 = 4.0 (86 h). For dry dynamics,
the ascent region is much shallower and wider, and
the ascent velocity is approximately five times weaker
than the moist case. By T = 4.0, the geostrophic winds
on Z = 0.0 have only increased t0 0.56, or 9.52 m s™'.
For dry dynamics, there is negligible spinup, and no
surface PV generation as the upper anomaly is advected
over the lower anomaly.

Deep saturated ascent in a moist neutral environ-
ment is essential for strong vertical coupling between
upper- and lower-level PV disturbances. This is par-
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FiG. 5. Dry 3D dynamics (example 3, R = 1.0) starting from the same initial condition (3.6) at 7= 0.0 and T = 4.0 (0 and 84 h,
respectively). The left figure is a meridional cross section of the vertical velocity w along y = 1.75 at T = 0.0. The right figure shows the
geostrophic winds on Z = 0.0 at T = 4.0. Contour and plotting conventions are the same as in Figs. 3b and 3d.

ticularly true in the tropics where upper-level distur-
bances are observed to occur near the tropical tropo-
pause, which is higher than the midlatitude tropopause.
Physically, in order to maintain thermal-wind balance
in the presence of a small static stability in ascent re-
gions, stronger ascending currents are required. Strong
ascent results in vortex stretching at low levels, and
generation of surface PV that then augments the in-
teraction between these systems. Thus, upper-level PV
disturbances can initiate, and strongly influence, trop-
ical cyclone formation even in instances of no surface
baroclinicity and weak upper-level baroclinicity.

¢. Evolution experiments without upper-level forcing

When we run example 1 without the upper-level PV
anomaly, a much more gradual intensification ensues.
After 87 h, a weak cyclone emerges possessing 10.8
m s~ geostrophic surface winds and a weak upper-
level anticyclone slightly downstream of the surface
vortex. As discussed in previous work (MF; cf. section
3b), a localized vortex will not remain thermally bal-
anced in a baroclinic environment without ascending
and descending motions near the vortex. This remains
true even in a weak baroclinic atmosphere. For moist
dynamics positive low-level PV will be produced in
ascending regions, and in the limit R — 0 (within a
sufficiently deep layer) the generation of low-level PV
may offset frictional dissipation. Depending on the
magnitude of R, the Ekman dissipation, §, and the
low-level baroclinicity, the surface vortex may or may
not intensify.

If we reposition the low-level PV anomaly to Z;
= 0.0, but keep R and 6 the same as in example |, we
find that the vortex slowly decays. Since the baroclin-

icity implied by (3.3) is smallest on Z = 0.0 (=900
mb), the omega response for the repositioned vortex
is weaker than the experiment with it positioned at Z;
= (.2 (=700 mb). In this case, the low-level PV gen-
eration is not strong enough to counteract the dissi-
pation.

The meridional temperature gradient associated with
the basic state (3.3) vanishes on Z = 0.0, but increases
linearly with Z. Had we used a basic state with even
less baroclinicity at midlevels, these experiments sug-
gest that the slow intensification without upper-level
forcing would be suppressed. Nevertheless, the basic
spinup mechanism associated with upper-level forcing
in moist neutral regions should not be fundamentally
altered. Barring other environmental factors, these ex-
periments also suggest that weak low-level baroclinicity
can help maintain, or slowly augment, a tropical cy-
clone’s intensity in a sustained near-moist neutral en-
vironment.

4. Discussion and conclusions

The physics of tropical cyclone formation is not well
understood, and more is known about the mature hur-
ricane structure than about the formative mechanisms
that produce it. We believe part of the reason for this
can be traced to insufficient upper-level atmospheric
data. Given deficient upper-level observations, theories
of cyclone formation focus on internal processes as-
sociated with cumulus convection and/or air-sea in-
teraction. In this work we have instead focused on ex-
ternal mechanisms. Particular emphasis was placed on
understanding the influence of upper-level potential
vorticity disturbances on the cyclogenesis process.

In order to isolate the mechanism underlying the
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interaction between upper-level potential vorticity dis-
turbances and low-level tropical disturbances, the
physically simpler model of the symmetric response to
upper-level momentum driving in a two-dimensional
nonlinear moist GM model was studied first. Assuming
saturated ascent in a moist neutral atmosphere, ther-
mal-wind balance implies deep ascent below the in-
tensifying upper vortex. For chosen model parameters,
low-level vortex stretching causes a rapid spinup of
surface vorticity, and a dramatic scale contraction to
subsynoptic scales. Latent heat release aids in the pro-
duction of a deep cyclonic vortex with approximately
22 m s~ ! surface winds. The potential vorticity is max-
imum in the center of the upper vortex and extends
to the surface in a thin PV tube with a secondary max-
imum on Z = 0.0. In contrast, for dry dynamics,
equivalent upper-level driving produces a highly lo-
calized upper-level cyclone and negligible spinup at
low levels.

Three-dimensional potential vorticity dynamics in
weak upper-level baroclinic zones was then explored
with a three-dimensional nonlinear moist geostrophic
momentum model. As an example, we considered
model parameters based on the case of tropical storm
Diana, which formed in September 1984 in association
with an approaching elongated upper-level trough and
a surface front off the northeastern coast of Florida.
The model basic-state flow consists of an upper-level
westerly zonal flow with 9.56 m s~ winds at approx-
imately 10 km, close to the subtropical tropopause, no
motion on Z = 0.0, and zero surface temperature gra-
dient. Assuming moderately deep saturated ascent in
a moist neutral environment, a cyclone, possessing ro-
tary surface winds of approximately 20 m s~ (tropical
storm intensity ) forms in 87 h (=3.6 days). The evo-
lution of the surface potential vorticity suggests the
tendency toward a spiral structure. Integration was ter-
minated at this time, though related experiments in-
dicate that a further intensification would occur.

As a second example, we considered the same three-
dimensional initial flow, but assumed deep saturated
ascent in a moist neutral environment. Development
is more rapid in this case, and a small-scale cyclone of
tropical storm intensity forms in 61 h (=2.5 days).
Noteworthy aspects of the vertical cyclone structure
include a thin deep tube of potential vorticity and ab-
solute vorticity that extends from upper levels down
to Z = 0.0. Near the tropopause we find a region of
very low (negative) potential vorticity, and strong an-
ticyclonic flow in the ascent region. While these aspects
were also observed in the first example, they are much
more pronounced in cases associated with deep moist
neutral ascent. Previous work illustrated the rapid de-
pletion of upper-level potential vorticity in cases of deep
moist neutral ascent (MF), and in the example studied
here, the initial upper-level potential vorticity anomaly
is annihilated during cyclogenesis. This result is con-
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sistent with observations of collapsing cold domes dur-
ing the formation process (Riehl 1979; Bosart and
Bartlo 1991). In this case, perhaps a more appropriate
description of this process is annihilated cold domes.
On the other hand, for dry dynamics there is minimal
coupling between the upper- and lower-level flow, and
negligible development over a comparable time inter-
val. Thus, deep saturated ascent in a moist neutral en-
vironment is found to be essential in this model for
production of strong vertical coupling between upper-
and lower-level potential vorticity disturbances. These
results also suggest that the formative time scale for
tropical cyclones in association with upper-level forcing
is sensitive to the vertical distribution of the moist sta-
bility parameter.

For simplicity, in order to isolate the upper-level
forcing mechanism, we have purposely neglected ad-
ditional intensification mechanisms. For example, if
we were to include the effects of entrainment (as in
Ooyama 1969), then we would anticipate the tendency
for an enhanced midlevel radial inflow. The Coriolis
force acting on this enhanced radial circulation could
lead to an.even stronger surface vortex. Depending
upon the entrainment efficiency of the cumulus en-
semble, it is possible that a more rapid spinup would
result with the same forcing, or that an equivalent re-
sponse would occur with even weaker forcing. This
topic remains for future work.

We conclude that migratory upper-level troughs can
initiate and strongly influence tropical cyclone for-
mation, even in cases with weak upper-level shear and
no surface temperature gradients. Based on these results
and the aforementioned observations, we suggest the
conceptual model of tropical cyclone initiation by mo-
bile upper-level PV anomalies in areas of deep moist
neutrality.,

This viewpoint is similar to that of Pfeffer and Challa
(1981, 1992), and Challa and Pfeffer (1980, 1990), in
the sense that while most necessary conditions may be
satisfied additional external forcing is believed critical
in providing the necessary starting mechanism. We as-
sociate the external forcing with migratory PV anom-
alies in upper-level shear as the instigating agent.

Three-dimensional primitive equation (PE) models
generally contain solution components from both the
“slow” and ‘““fast” manifolds. Azimuthally averaged
eddy angular momentum and eddy heat fluxes com-
puted from PE formally include contributions from
fast-fast, fast-slow, and slow-slow eddy flux correla-
tions. Observations suggest that tropical cyclogenesis
may be primarily a slow manifold process driven by
the balanced response to the slowly interacting upper-
and lower-level PV fields. (Moist convection is ob-
viously a fast manifold process, but we believe its rep-
resentation in the slow manifold is still meaningful
during genesis via the simple scheme adopted here.)
Thus, while PE models are more accurate and may
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suggest that the slow evolution is dominant, it is often
difficult to interpret their output. Here, we have com-
pletely excised the fast (inertia-gravity and gravity
wave) modes in order to capture the essence of the
formation process in association with upper-level tran-
sient PV forcing. Our results lend further support to
the hypothesis that tropical cyclogenesis is essentially
a slow manifold phenomenon.

The Diana case motivated the parameterization of
the basic-state flow and the initial upper-level PV
anomaly in section 3. Diana provides an example of
“subtropical developments” that typically occur north
of 20° latitude in conjunction with episodic intrusions
of extratropical upper-level disturbances into the sub-
tropics (Riehl 1948). In the deep tropics, typically be-
tween 5° and 20° latitude, tropical cyclones may form
by a similar process, but with weaker shears, or perhaps
in conjunction with other upper-level configurations
that have not been considered thus far.

Cyclogenesis in the deep tropics may also occur by
altogether different mechanisms of external forcing or
evolution. For example, a conceptual model recently
proposed by Zehr (1991), and supported by related
work of Gray (1988) and Lee et al. (1989), postulates
a two-stage process comprising two pulselike events,
each consisting of a low-level rotary wind surge and
an associated convective burst of upward motion over
a relatively large area with an attendant spinup of vor-
ticity. While this mechanism may be different from the
mechanism considered here, we note that the upper-
level forcing theory is not inconsistent with such a
model. Under favorable conditions, the response of a
tropical cloud cluster to two or more separate inter-
actions with upper-level cutoff PV anomalies would
also promote convective bursts and low-level rotary
wind surges as illustrated in section 3. Each PV inter-
action need not be as strong as the examples given in
section 3, though the cumulative effect might produce
a similar result. Clearly, more upper-level data is
needed to further elucidate and identify the formative
mechanisms in these regions.

Inferences from the upper-level forcing hypothesis
as well as a discussion of model limitations follow.

1) Cyclogenesis conditions. Necessary conditions for
tropical cyclone formation have been discussed in Riehl
(1979; see chap. 10) and Gray (1968). One condition
is that the atmosphere must be capable of permitting
deep moist convection. Another is that the vertical
shear of the horizontal wind be small. In this work, we
assume that deep moist convection maintains a state
of moist neutrality to large-scale ascent (i.e., R = 0).
The requirement for weak vertical shear can be partly
explained with this model by noting that the strength
of the upper-level winds can regulate the duration of
upper-level support. If the winds aloft are so strong to
advect the upper-trough over ( or around) the low-level
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disturbance before sufficient omega coupling can occur,
vortex spinup will be curtailed prematurely. For sim-
plicity, we chose an upper-level zonal flow to illustrate
the basic physics. Observations of tropical cyclogenesis,
however, report varied upper-level configurations that
are conducive for development (Riehl 1979; Chen and
Gray 1985). Of equal interest is the problem of iden-
tifying unfavorable upper-level conditions, Under-
standing the influence of the upper-level flow on the
formation process is an important topic for future
study. :

Further remarks are warranted regarding possible
effects of vertical shear. Hurricane specialists indicate
that when a tropical convective complex (henceforth
identified with an easterly wave, cloud cluster, etc.)
encounters an upper-level trough, the low-level vortex
often gets decoupled from the convection, leaving be-
hind an exposed circulation at low levels that decays
with time. Such observations do not necessarily inval-
idate the upper-level forcing theory. Rather, they sug-
gest that there may be a class of admissible shears and
PV anomalies (i.e., strong enough to promote deep
sustained ascent, yet not so strong as to significantly
disrupt the cumulus environment ) that interact favor-
ably with low-level disturbances to initiate the cyclo-
genesis process. For simplicity in this work, we have
not included a feedback between the R parameter and
the local vertical shear.

2) Scale selection. According to this theory, the scale
of the incipient vortex is set by the scale of the initial
upper-level PV anomaly, the scale of the lower-level
vorticity center, and the implied field of ascending mo-
tion required by thermal-wind balance. As previously
noted, the deviation from moist neutrality modulates
the depth and width of the ascent region, and also the
strength of ascent. During intensification, ageostrophic
advections cause the developing cyclone to contract in
scale. Physically speaking, dissipative processes and the
constraint of angular-momentum conservation ulti-
mately terminate the scale contraction.

3) Warm-core structure. Condensational processes
are modeled by assuming saturated entropy conser-
vation in ascending regions and dry entropy conser-
vation in descent regions (MF). In the moist neutral
case (R — 0), this model prevents changes in thermal
structure within ascending regions. Adiabatic cooling
is checked by condensational heating, and conse-
quently the atmospheric column within the convective
region is warmed only by horizontal advection.of the
thermal field. In reality, convective cells heat the at-
mosphere in small downdrafts adjacent to ascending
buoyant plumes. This small-scale effect has not been
incorporated in the present model. Large-scale subsi-
dence within the eye of a mature hurricane produces
a similar warming effect. The hurricane eye is asso-
ciated with the mature tropical cyclone, but the physics
of eye formation and its role in regulating storm in-
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tensity is another problem. In any event, observations
suggest that a warm core forms at upper levels well
before the mature stage (Yanai 1968; Bosart and Bartlo
1991). Thus, while our model cyclones do not exhibit
a strong warm core, we believe that the results nev-
ertheless illustrate the essence of the formation process
in association with upper-level forcing,.

4) Cyclone development and mature hurricane
structure. Is the mature hurricane primarily the result
of favorable external upper-level support or purely in-
ternal processes? Numerical simulations illustrate the
transformation from a finite-amplitude vortex distur-
bance, through tropical storm stage, to a mature hur-
ricane by purely internal processes (Rosenthal 1978;
Rotunno and Emanuel 1987; and many others). Not
all tropical storms, however, reach hurricane intensity.
One explanation for this is that the nondeveloping
storms may move into areas of strong vertical shear,
or regions of lower sea surface temperatures. On the
other hand, intense polar cyclones are observed to form
in regions of strong vertical shear and relatively cold
sea surface temperatures, but nevertheless possess a
striking similarity to the hurricane (Businger 1991).
Recent work suggests the importance of external forc-
ing in regulating hurricane intensity and structure
change (Shapiro and Willoughby 1982; Holland and
Merrill 1984; Molinari and Vollaro 1989, 1990). This
raises the interesting hypothesis, noted also by Riehl
(1979; see chap. 10, p. 468), that the transformation
from a tropical storm to a mature hurricane may re-
quire continual upper-level support. The upper-level
support may consist of one slowly moving upper-trough
favorably located to promote deep saturated ascent, or
in multiple encounters with upper-level troughs near
the storm’s trajectory. In addition, an auxiliary inten-
sification mechanism, such as CISK or air-sea inter-
action, may be necessary for realizing the mature hur-
ricane structure. Increased upper-level data and further
modeling studies of this nature with the GM model
and more accurate balance and primitive equation
models should help answer this question.

5) Cyclone prediction. We believe that the formative
stages of the tropical cyclone life cycle will remain a
mystery as long as there is only limited upper-level
data. Given a sufficiently dense observing network in
the tropics that extends up to the tropical tropopause
(=16 km), it should be possible to predict tropical
cyclone formation with an accuracy comparable to
predictions of midlatitude cyclones. Indeed, recent
model simulations of the Pacific supertyphoon Hope
using a high-resolution general circulation model sug-
gest that hurricane forecasting is currently within reach
of existing modeling technology (Krishnamurti and
Oosterhof 1989). For a variety of cases, their model
correctly predicts cyclone formation, but underesti-
mates the maximum surface wind by roughly a factor
of 2 (Krishnamurti et al. 1989). Their findings are
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consistent with our belief that large-scale models may
be useful for predicting cyclogenesis, even though they
may not resolve every detailed feature of the cyclone
core.

We hypothesize that the formative mechanism for
many tropical cyclones is, in fact, similar to the for-
mative mechanism for midlatitude cyclones, but with
the condensation process and deep moist convection
playing a more essential role in the tropical case. We
believe that cyclone formation in the earth’s atmo-
sphere may be fundamentally unified based on tran-
sient development theory within a balanced model
framework appropriately modified to include the effects
of convection,
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APPENDIX
Summary of Numerical Method for Section 3

Details of the numerical solution to (3.4, 3.5) have
been described elsewhere in Montgomery and Farrell
(1992), but the non-Y periodicity of the basic-state
flow requires a slight modification from previous work.
For completeness, the algorithm is summarized below.
The overall method is similar to previous work (MF)
except we use a second-order Arakawa finite-difference
scheme for the horizontal advection term (Arakawa
1966), and a fourth-order Shapiro filter on the PV field
to suppress computational noise (Robinson and Wal-
stad 1987). The elliptic equations (3.4.d) and (3.4¢)
are solved by SOR. The PV and boundary potential
temperature are minimally corrected within each time
step to ensure solvability of (3.4.d). The Jacobian term
in the omega equation is evaluated after &' is deter-
mined from (2.3.d), and its local time derivative is
approximated with an Euler difference. We also note
that initial discontinuities in spatial derivatives of (3.6)
on lateral boundaries are damped and do not contam-
inate the cyclogenesis process.

Local interactions between upper- and lower-level
PV anomalies should not be strongly influenced by the
horizontal boundary conditions, provided of course
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that the boundaries are not too close to cyclogenesis
regions. For the zonally homogeneous basic flow (3.1),
we assume X periodicity for all flow variables. Merid-
ional boundary conditions on ¥ = 0 and Y = Ly are
as follows. For simplicity, we assume that & and w are
periodic in Y. The basic-state potential temperature
®, however, is not periodic in Y, so we do not assume
Y periodicity for ® = ® + @. Since (3.3) implies a
gradual meridional PV gradient, Y periodicity is not
assumed for Q,.

Suppose at one instant, ® on Z = 0, 1, and Q, ev-
erywhere n 0 < X< Ly, 0<Y<Ly,and0<Z<]
are known. To update O, and ® along Y = O and Y
= Ly at the next instant, the second-order Arakawa
approximation to the horizontal advection terms
Ug* VyOeand ug- V50 requires Q;and ®on Y = —DY
and Y = Ly + DY. It is convenient therefore to define
(2, u,, Qg, ©) on an extended grid extending one hor-
izontal grid point outside the flow domain. For sim-
plicity, we deduce Q,on Y= —DYand Y=Ly + DY
by second-order extrapolation. Boundary values of Q,
are then updated by evaluating the Arakawa operator
along Y = 0 and Y = Ly. Finally, since ®' is doubly
periodic, so is @', and thus ® along Y = —DY and Y
= Ly + DY is defined and the advection operator is
readily evaluated.

In practice, the extrapolation method for Q, on me-
ridional boundaries produces slight incompatibilities
with the doubly periodic geopotential disturbance &'.
In the course of a numerical integration, spurious grid-
point errors in the absolute vorticity (J) and the PV
fields emerge on Y = 0 and Y = Ly, which slowly
propagate into the interior domain at later times. After
some finite time (typically by T = 4, or 87 h), these
errors begin to influence the outer circulation of the
model cyclones, though in every case investigated here
interior development was not disrupted. Therefore, we
believe this effect to be a nonphysical artifact of our
choice of meridional boundary conditions. These spu-
rious errors are eliminated by applying a weak diffusive
filter to J at each time step given by

2Y \¢
Jier = J 4+ o tanh(!)(l — ——)
2 L

X (1 =VZ)[Z J-4J],

where 2 J = Ji+l,j,k + Ji—l,j,k + Ji,j+l,k + Ji,j—l,k, and
(i, j, k) denotes the X, Y, and Z grid locations, re-
spectively. The filter is strongest on the north-south
boundaries (Y = 0 and Y = Ly), and diminishes to
zero in the model interior. After each application of
the filter, the PV is adjusted via

lter _ (Jﬁlter)Q
-4 J 4
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to prevent the generation of unwanted sources and
sinks of potential vorticity. For small «, typically on
the order of 0.05, the total mass-weighted potential
vorticity stayed very near constant for the duration of
all numerical integrations discussed in section 3. For
the first example, we chose o = 0.02, while for the
second and third examples we used « = 0.05. Com-
putational results are virtually identical to results with-
out the filter, except that minimal boundary noise is
eliminated.
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