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ABSTRACT

Polar lows are intense subsynoptic-scale cyclones that form over high-latitude oceans in association with deep
cumulus convection and strong ambient baroclinicity. Recent observations indicate that polar lows are generally
initiated by a nonaxisymmetric interaction between a surface disturbance and an upper-level mobile trough.
Extant theories of polar low formation preclude study of such a process since they either constrain their models
to be axisymmetric, or do not explicitly account for this transient interaction. In this work the physics of
interacting upper- and lower-level potential vorticity structures is studied as an initial-value problem using a
three-dimensional nonlinear geostrophic momentum model that incorporates moist processes and includes
strong baroclinic dynamics. Model results illustrate the rapid formation of an intense small-scale cyclone whose
structure is consistent with observations of mature polar lows.

A conceptual model of polar low development is proposed. In the first stage of development, called induced
self-development, a mobile upper trough initiates a rapid low-level spinup due to the enhanced omega response
in a conditionally neutral baroclinic atmosphere. A secondary development follows, called diabatic destabilization,
that is associated with the production of low-level potential vorticity by diabatic processes. Diabatic destabilization
represents a simple mechanism for maintaining the intensity of polar lows until they reach land. In exceptional
instances of negligible upper-level forcing, the latter may also describe the gradual intensification of small-scale
cyclones in regions of sustained neutrality and surface baroclinicity.
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Ideas regarding polar low equilibration and prospects for a unified theory of arctic and midlatitude cyclones

are discussed.

1. Introduction

Polar lows are intense subsynoptic-scale cyclones
that form over high-latitude oceans, typically poleward
of the polar front. Surprisingly, some of these polar
cyclones bear a striking resemblance to mature tropical
cyclones, including maximum surface winds of 30
m s~! and a clear “eye” surrounded by deep cumu-
lonimbi (Businger and Reed 1989a). Polar lows are
distinguished from midlatitude cyclones by their rel-
atively small scale, varying in diameter from a few
hundred kilometers to more than 1000 km. Polar lows
occur mainly in areas with both enhanced moist con-
_vection and large temperature contrasts associated with
either the polar front or with relatively warm water
adjacent to a much colder ice sheet. Smaller-scale polar
lows often go undetected by synoptic observing net-
works as they traverse the Bering and Norwegian seas,
before reaching the Alaskan and Norwegian coasts. In
order to more accurately predict the formation of these
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storms it is important that we understand the basic
dynamics of intense subsynoptic-scale cyclones in un-
stable air. In this work cyclogenesis and cyclone for-
mation refer to the transformation from a weak surface
disturbance into a well-developed rotary circulation,
and they will be used interchangeably throughout.

Polar lows were originally thought to form from
thermal instabilities within cold air masses flowing over
a warm sea ( Meteorological Office 1962), but a mech-
anism illustrating the formation of a storm-scale vortex
was not proposed. Early observations alluded to the
importance of mobile upper-level baroclinic distur-
bances in polar low formation (Harley 1960), but due
to their small scale and the fact that they form mainly
over the oceans, data were usually too sparse to observe
the formation process or adequately resolve the interior
structure. As additional data became available, polar
lows were characterized as baroclinic rather than ther-
mal instabilities (Harrold and Browning 1969). Re-
cently, the influence of upper-level PV anomalies in
promoting polar low formation has become more
widely appreciated (Businger 1987; Businger and Baik
1991; Shapiro et al. 1987; Nordeng and Rasmussen
1992).

The first quantitative theory advanced to explain
polar low formation was the baroclinic instability the-
ory of Mansfield (1974). If dry-adiabatic dynamics in
the absence of surface friction is used and shallow dis-
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turbances with a depth of ~1.6 km are assumed, this
theory gives e-folding time scales of approximately 1
day for the most unstable exponential normal mode
and an associated horizontal wavelength of approxi-
mately 500 km. Surface friction parameterized in the
form of moderate Ekman pumping increases this e-
folding time scale to 2 days and shifts the most unstable
wavelength to approximately 900 km. Other inviscid
baroclinic instability theories of Duncan (1977, 1978)
and Reed and Duncan (1987), applied to a reversed
shear flow give maximum growth rates that are slightly
larger than the inviscid growth rates found in Mans-
field’s work. Many e-foldings are usually required in
order for the most unstable normal mode to emerge
from unbiased random initial conditions. However,
observations indicate rapidly developing polar lows in
which the full-blown mature structure emerges on time
scales as short as 1 day.

The idea that polar lows are of convective origin was
revived with the advent of satellite observations. Sat-
ellite images often show deep cumulus convection
within polar lows, and the spiral cloud structure of
some polar lows suggests that they may be related to
the tropical cyclone. Rasmussen (1979) applied the
theory of conditional instability of the second kind
(CISK) to explain the genesis of polar lows. In the
CISK theory polar lows are regarded as arising from
disturbances that utilize convective available potential
energy (CAPE) through a cooperative feedback be-
tween cumulus clouds and large-scale moisture con-
vergence. The CISK theory neglects the environmental
baroclinicity. A shortfall of linearized CISK theory is
that the exponential growth rate is sensitive to the pa-
rameterized vertical heating distribution representing
the cumulus ensemble. In certain models, for instance,
if the lower atmosphere is heated more than the upper
atmosphere the growth rate diverges to infinity as the
disturbance wavelength tends to zero (Pederson and
Rasmussen 1985; Pederson 1991). The smallest scales
are favored in this case and the model does not yield
a large-scale amplifying disturbance.

The inadequacy of both baroclinic instability theory
and CISK for describing the formation of the variety
of polar lows observed over the northern Atlantic and
Pacific oceans prompted the development of mixed-
instability theories that include both instability mech-
anisms (Sardie and Warner 1983; Craig and Cho
1988). Recent work such as the model-based diagnostic
study of polar lows over the Norwegian Sea by Nordeng
(1990) or the analyses of explosive cyclones in polar
airstreams over the northern Pacific by Mullen (1983),
however, suggest that polar lows are generally initiated
and subsequently strongly influenced by mobile upper-
level disturbances. The fact that these systems appear
to be so strongly influenced by finite-amplitude upper-
level disturbances suggests that the “selection princi-
ple,” which asserts that polar lows are manifestations
of the most unstable eigenmode for a particular basic-
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state flow, is not a useful paradigm for understanding
these phenomena.

Historically, CISK was devised to describe the growth
of tropical depressions into hurricanes (Charney and
Eliassen 1964; Ooyama 1964 ), but as noted by Ooyama
(1982) the acronym in common usage today no longer
conveys a clear meaning. Physically speaking, the CISK
closure is only valid after an incipient vortex has at-
tained sufficient strength and organization so that the
cloud-organizing mesoscales are correlated with the
balanced flow (Ooyama 1982). Hence, while most an-
alytical demonstrations of CISK are linear, the results
should only physically be interpreted as describing
storm intensification starting from an already well-de-
veloped circulation. An analytical CISK theory that
investigates such threshold behavior has been devel-
oped by Handel (1990). In this work CISK will be
regarded generically as a cooperative intensification
process. Thus, although CISK may describe a portion
of the intensification phase in polar lows, it does not
address the formative mechanisms that produce the
requisite circulations.

Recently, air-sea interaction theory has been ad-
vanced to describe the formation of the intense polar
lows known as arctic hurricanes (Emanuel and Ro-
tunno 1989). This theory emphasizes augmentation
by sea surface fluxes of moist enthalpy and neglects
the environmental baroclinicity. This theory also re-
quires sufficiently well-developed axisymmetric dis-
turbances to initiate the air-sea interaction intensifi-
cation process. Starting from an axisymmetric vortex
with maximum surface winds of 10 m s™!, the axisym-
metric model produces a hurricane strength cyclone
in about 45 h; a 5 m s~ initial vortex reaches hurricane
strength in about 70 h. As discussed previously, ob-
servations often report shorter cyclogenesis time scales,
and there is strong observational evidence suggesting
that polar lows are initiated by a nonaxisymmetric in-
teraction between upper- and lower-level finite-ampli-
tude disturbances. While a complete description of the
fully mature polar low may require taking explicit ac-
count of air-sea interaction processes, it appears from
this work that the air-sea interaction intensification
mechanism may not be essential for describing the basic
formation process.

It is currently believed that polar low formation and
growth involves a synergism among strong polar surface
baroclinicity, deep moist convection, enhanced moist
enthalpy fluxes, and forcing by upper-level distur-
bances. A number of modeling studies of polar lows
have employed primitive equation models ( Sardie and
Warner 1985; Orlanski 1986; Gronas et al. 1987; Nor-
deng 1987, 1990; Emanuel and Rotunno 1989), but
it is sometimes difficult to interpret the output of such
models. In this work we take a complementary ap-
proach and choose a relatively simple balanced model
framework to further understand polar low formation.

Previous work has confirmed the role of upper-level.
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interior potential vorticity disturbances in the forma-
tion of midlatitude cyclones and fronts (Eliassen and
Kleinschmidt 1957; Farrell 1982, 1984, 1985; Hoskins
et al. 1985; Whitaker et al. 1988; Davis and Emanuel
1990; Thorncroft and Hoskins 1990; Montgomery
1990; Montgomery and Farrell 1990, 1991, the latter
is hereafter referred to as MF). Here, we investigate
the influence of upper-level interior potential vorticity
disturbances on polar low formation within the context
of a three-dimensional geostrophic momentum model
that incorporates both strong baroclinic dynamics and
moist processes. In this work we are specifically inter-
ested in the physics of cyclogenesis in moist unstable
air. Moist convection is modeled by assuming near-
conditional neutrality, but cooperative intensification
mechanisms associated with CISK or air-sea interac-
tion are neglected.

Early theoretical work regarding baroclinically
growing disturbances in unstable air focused on the
effects of a reduced low-level static stability on expo-
nentially growing eigenmodes either through explicit
latent heating (Gall 1976) or with variable static sta-
bility in a dry model (Staley and Gall 1977; Blumen
1979). A decreased static stability increases eigenmode
growth rates and widens the range of unstable wave-
numbers to include shorter-wavelength modes. This
work also suggested that exponential growth rates could
be quite sensitive to reductions in the static stability,
though recent work places upper bounds on their mag-
nitude. Specifically, even in the limit of conditional
neutrality growth rates have been shown to be no more
than twice the growth rates of the corresponding dry
system (Emanuel et al. 1987; Joly and Thorpe 1989).
Rather than focusing solely on the growth rates and
dynamics of individual eigenmodes modes of the lin-
earized system, we adopt an initial-value viewpoint and
shift focus to the physical objects of the theory, namely,
the potential vorticity structures and their attendant
thermal and momentum fields. While our model for-
mulation is in the spirit of a reduced static stability
theory, the initial-value approach produces much richer
results. We show that this approach is sufficient to cap-
ture the essence of polar low formation, and a simple
conceptual model of polar low development is pro-
posed.

In section 2 we describe the mathematical model
and in section 3 we present model integrations illus-
trating polar low formation. We conclude with a sum-
mary and discussion of our results and point to future
work.

2. Model description

In this work we adopt the geostrophic momentum
approximation that approximates the horizontal mo-
mentum vector by its geostrophic value. The mathe-
matical model is based on the three-dimensional
Boussinesq geostrophic momentum model (abbrevi-
ated hereafter as GM ) developed by Hoskins (1975),
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Hoskins and Draghici (1977), and Heckley and Hos-
kins (1982). Moist processes are modeled as in previous
work in which ascending parcels are assumed to be
saturated and to conserve saturated entropy. All water
rains out during the parcel’s ascent and on descent the
parcels conserve dry entropy (Emanuel et al. 1987,
MF). It is further assumed that the combination of
moist convection and sea surface fluxes maintains a
state of near-moist neutrality to ascending parcels.
While we acknowledge that some form of air-sea in-
teraction is needed to maintain a state of conditional
neutrality, we purposely neglect additional energy
sources associated with CISK or air-sea interaction and
their attendant intensification mechanisms.! The
planetary boundary layer is parameterized with an Ek-
man layer (described below). Further details regarding
the model formulation can be found in MF and ref-
erences therein.

We believe it is justifiable to use the GM model to
study polar low dynamics. The consistency of the three-
dimensional GM approximation has been established
for certain uniform potential vorticity flows (Hoskins
1976). More recently however, Snyder et al. (1991)
have found systematic differences between the primi-
tive equations and the geostrophic momentum equa-
tions with respect to the horizontal phase tilt of baro-
clinic waves and the strengths of the model anticy-
clones. Nevertheless, their study shows relatively small
discrepancies between the strengths of the model cy-
clones. Thus, despite these differences in detail, the
GM model appears to contain the basic elements for
describing the cyclogenesis process. The mathematical
and conceptual simplicity of the GM system is one of -
its main attractions, and it is our belief that a basic
understanding of polar lows can be obtained with this
system.

All tilde variables will refer to dimensional variables
and nontilde variables will be dimensionless. Bold
variables denote vector quantities. Nomenclature for
the basic-state and disturbance-flow configurations is
briefly described in terms of the modified geopotential

i>=&>+%(12§+f)§,.

The hydrostatic state for a troposphere with uniform
static stability is denoted by ®,. The polar tropopause
is represented by an increased static stability below a
rigid upper lid at Z = H; the tropopause part is denoted
by &,,. The static stability increases monotonically with
the most rapid increase near the upper lid. The finite-

' 1t is readily demonstrated that the present moisture parameter-
ization is CISK-less. To see this consider small quasigeostrophic dis-
turbances about a state of rest under the influence of a linear Ekman
layer at the earth’s surface. In the unconditional case, a normal-mode
analysis gives negative growth rates for all zonal wavenumbers pro-
vided the effective static stability is positive. We do not expect these
conclusions to be essentially altered in the analogous semigeostrophic
formulation with conditional heating.
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amplitude flow structures that comprise the upper- and
lower-level disturbances will be denoted by <I> and
$;, respectively; their sum will be denoted by &', For
simplicity we model a strong baroclinic zone by using
a basic-state flow consisting of a zonally homogeneous
vertical shear in thermal wind balance with a constant
meridional temperature gradient; this part is denoted
by &.

The model is integrated in geostrophic coordinates
(X, Y, Z) given by (2.4.e-g). The choice of scaling,
along with representative values, and a list of the non-
dimensional parameters are given in Table 1. In this
work we choose a reference sea surface temperature of
©®, = 273 K and a Coriolis parameter of f = 1.4
X 107*s~!. The horizontal scale is 428 km and cor-
responds to the Rossby radius of deformation. The
vertical scale is 6 km and represents the depth between
the tropopause and the top of the boundary layer. One
advective time unit corresponds to 3.96 h, the hori-
zontal velocity scale is 30 m s™*, the vertical velocity
scale is 41 cm s}, and the temperature scale is 16.38
K. Scaled expressions for the total fields (Prowt Grow!
~ lo!al’ Qtotal) are

~ | -
gl = N2H2{<I>h + &, + R (®+ <I>’)] + gHZ
« ® 9 - '
etotal = — — cptotal
g 0Z
®0N2H[ 1 ]
= Op+0,+——(0+0)|+6
g h [t VE,( ) 0
total k 7§ total
Ug ™ =7 X VH@ = Uol.lg
S
. U
= f ~
total — Nng (2'1)

TABLE 1. quel parameters and nondimensional flow parameters
for the three-dimensional model defined in section 2. See MF for
further details concerning the R parameter and see text for values
used.

Model parameters: Dimensionless parameters:
N2 = 10—4 s—2 NZ 2
R" = _—1’1.2— =4.0
H=6km Us
f=14X%X107%s"! 5=§D_U°=714><
T .
Up=30ms™' 102 /!
NH

Lp=——=428km ~ Lree

! TaQ,

T=LUs'= VR, =396h
Cp=2X107
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and
ZZ
¢h = 'E' N @;, =7
1 6
®, = gZG, 0, = gZS
d=-YZ
0=-Y. (2.2)

The expressmns for Q,, and &' are given below and R;
= N2H?/U} is the Richardson number of the basic-
state flow. In this work we define the potential vorticity
in units of the static stability since from a dynamical
viewpoint it plays the same role as the dry static stability
in the transformed dimensional system. In contrast
with the quasigeostrophic system, however, the equiv-
alent dry static stability is now solution dependent and
also a full function of space. For future reference, at
polar latitudes one N? unit of potential vorticity, as
defined in (2.1), corresponds to approximately 0.32
PV units as defined in Hoskins et al. (1985).

In terms of the dry potential vorticity Q,, the non-
dimensional moist GM equations are

(D twl )Qg HOnT o 1w*0,(1 = R,
(2.3.a)
on Z=1 (2.3.b)
VRH(w*)w*Q,(1 — R(Z)),
on Z=0 (2.3.c)

DO =0,
D0 + YRw*Q, =

32
0, Vh ¥ +a—Z—2 VR(Q: = 1) = 53 (VR&y)
N i i
VR, \ax2 aY?  axaY)’
62
Vil Qgrw 14w
-2 1 9(u,, v,)
VB —— 2 % 3.
VR RaZDga(X y): (334

where

A. Vy =(8/3X,0/3Y)
B. 9(uy, v,)/0(X, Y) = (du,/3X)(v,/3Y)

~ (Ouy/0Y)(0v,/0X)
C. =9/0T + u,-Vy

D. G) 0+

E. F = [(0uy/0X )+ V1O, (dug/3Y )+ VO]

F. H(y) denotes a heaviside function such that H
=+1ify>0,and H=0ify <0

R(Z
G' geﬁz{gg ( ),
g5

when w>0

(2.4.a)
when w<0
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H. The moist stability parameter is given by R(Z)
= Ry + (1 — Ry)Z*, and the constant R, is discussed
below.

I w= Jw*
[ [ (3% 3*Y 9
Jl=1—-—=V¥+—|———
VR, 77 R (aX2 aY? axay)
a total
Q. = Ja—Z 0 (2.4b,c,d)

J. The fields in physical coordinates (x, y, z) are ob-
tained from the fields in geostrophic coordinates (X,
Y, Z) via the transformation:

1
x=X——=uviX,Y,Z T)

VR,

1
V=Y+—=u(X, Y, Z,T)

VR,
z=Z. (2.4e,£g)

The GM model (2.3, 2.4) is a fully nonlinear three-
dimensional model. We make no further dynamical
restrictions, such as uniform interior potential vorticity.
The equations (2.3) comprise two prognostic equations
for the interior potential vorticity (2.3.a) and boundary
potential temperature (2.3.b,c), as well as two diag-
nostic equations expressing invertibility (2.3.d) and
thermal wind balance (2.3.e) (the latter is called the
omega equation ). For nonuniform interior potential
vorticity we note that the omega response plays an ac-
tive role in the dynamics. We also retain the nonlinear
Jacobian term that is traditionally neglected in life-
cycle simulations with this system. For cyclones pos-
sessing moderately large curvature vorticity, such as
polar lows, asymptotic scaling arguments used to justify
its neglect are no longer valid. The GM approximation,

D*(u, v)
D << f*(u,v),

formally breaks down in these circumstances, but we
contend that useful physical insight can be obtained
with this system even in flow regimes that exceed the
limits of formal asymptotic accuracy. Further comment
on this point is reserved for the conclusion.

Boundary conditions on the geopotential ¢ are that
it remain doubly periodic in X and Y, and satisfy &
= 9®'/9Z along the horizontal boundaries Z = 0, 1.
The potential vorticity is also assumed to be doubly
periodic in X and Y.

We represent boundary-layer processes with a simple
Ekman layer. Boundary conditions on the vertical ve-
locity are that w (hence w*) remain doubly periodic
inXand Y;w=0o0onZ=1;and w = Jw* = §k-V,
X ) on Z = 0. In the latter, the dimensionless pa-
rameter 8§ = CpUy/(fH), V, denotes the gradient op-
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erator in real coordinates (see Appendix), and 7 is
the nondimensional horizontal surface stress vector. A
generalization of the quadratic stress relationship de-
scribed in Gill [1982, see p. 328, Eq. (9.5.1)] that in-
cludes linear drag is given by the following:

78 = (B + |uDu(X, Y,0,T). (24.h)

Using a drag coefficient of Cp = 2 X 1073, the param-
eter values in Table 1 give 6 = 7.14 X 1072, Unless
otherwise stated 8 has been set to 0.7 in order to give
an equivalent linear dimensional eddy viscosity of 24
m? s~!, Further details and properties of the lower
boundary condition are discussed in the Appendix.
Since analytical solutions to the nonlinear system
(2.3, 2.4) are not available a computational approach
is adopted. The numerical procedure for solving (2.3)
is similar to previous work (MF) except we include a
second-order Arakawa finite-difference scheme for the
horizontal advection term u,-V 5 (Arakawa 1966),
and a second-order Shapiro filter on the potential vor-
ticity field at each time step to suppress computational
noise (Robinson and Walstad 1987). The elliptic
equations (2.3.d,e) are solved with SOR. The potential
vorticity and boundary potential temperature are min-
imally corrected within each time step to ensure solv-
ability of (2.3.d). The Jacobian term in the omega
equation is evaluated after ¥ is determined from
(2.3.d), and its local time derivative is approximated

" with an Euler difference.

The computational domain consists of a rectangular
cube whose X, Y, and Z dimensions are Ly, Ly, and
1, respectively. In this work we have chosen Ly = Ly
= 5, corresponding to a horizontal domain of 2190
km X 2190 km. A sketch of the computatfonal domain
is given in Fig. 1. Let L, M, and N denote the number
of panels in the X, Y, and Z directions, respectively.
The horizontal grid increments in geostrophic space
are then 86X = Ly/L, and 6Y = Ly/M, whereas the
vertical grid increment is §Z = 1 /N. With L = M = 32

e/
7

AL
|

o
Z
A

XK——LX

—_—

FIG. 1. Three-dimensional model geometry for the basic-state flow
defined in section 2, and a sketch of the initial flow given by (3.1.a)
in section 3. PV, and PV, denote the upper- and lower-level potential
vorticity anomalies, respectively.
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and N = 16, this corresponds to a horizontal grid res-
olution in geostrophic coordinates of 66.8 km, and a
vertical grid resolution of 375 m. The nondimensional
time-step increment used in this work is 67 = 1/36,
and corresponds dimensionally to 6.6 minutes. Results
of the upcoming section were determined to be ade-
quately converged at this resolution.

The transformation from geostrophic coordinates to
real coordinates compresses regions where J is greater
than unity and stretches regions where J is less than
unity. Consequently, regions of strong cyclogenesis are
well resolved and the coordinate transformation often
more than doubles the resolution in these regions.

Finally, for completeness we briefly summarize the
moisture parameterization. In a conditionally stable
atmosphere the equivalent moist potential vorticity is
positive. The moist stability parameter, R, satisfies 0
< R < 1, and thermodynamic considerations place
lower bounds on the magnitude of R. At very low tem-
peratures R approaches unity, the PV induction term
on the rhs of (2.3.a) is small, and the effective static
stability in the omega equation, (2.4.a), is of order
unity (MF). Hence, moist processes only slightly alter
dry-adiabatic dynamics in very cold stable air.

On the other hand, in a conditionally unstable sat-
urated atmosphere the moist equivalent potential vor-
ticity is negative, that is, R is negative in moist unstable
air. Hence, while thermodynamic constraints are still
operative, R is more strongly controlled by vertical in-
stability and the internal dynamics of moist convection.
In this case the PV induction term is potentially of
order unity, and the effective static stability is negative
in ascending regions. This suggests that even in rela-
tively cold environments, condensational processes are
an important component of cyclone dynamics in moist
unstable air.? As a first approximation we retain our
original assumption: moist unstable regions associated
with unlimited moisture supply are modeled by taking
R small and positive.

The specific moist stability parameterization given
by H above corresponds physically, as R, = 0, to a
moderately deep moist neutral region with a rapid ad-
Justment to a strongly stable region near the tropo-
pause. Horizontal variations in R are considered sec-
ondary compared to vertical variations. To model a
nearly moist neutral atmosphere in the Arctic we have
chosen Ry = 0.1 for the majority of examples discussed
in the next section.

3. Computational results

Solutions of the three-dimensional model (2.3, 2.4)
have been checked for several cases. For dry inviscid
dynamics (R = 1.0), the model has verified the growth
rate, phase speed, and the nonlinear structure of the

) 2 Tl}is viewpoint complements previous work (MF) since here we
investigate cyclone formation in moist unstable air.
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most unstable square Eady wave possessing uniform
potential vorticity as discussed in Hoskins (1976). For
moist inviscid dynamics, this model duplicates results
of previous work for strictly two-dimensional distur-
bances (MF). For cyclogenesis time scales on the order
of one day, condensational processes also did not in-
troduce growing three-dimensional disturbances into
simulations initialized with strictly two-dimensional
disturbances. In the general three-dimensional case, the
numerical model exhibits convergence as the spatial
and temporal increments go to zero.

A flow configuration observed to precede polar low
formation consists of an upper-level trough positioned
upstream of a surface disturbance (Shapiro et al. 1987,
Nordeng 1990; Nordeng and Rasmussen 1992; Bus-
inger 1991). Physically, the upper disturbance is a mo-
bile upper-tropospheric trough. The surface disturbance
could originate from any of the following: an outbreak
of cold air flowing southward over the ice sheets; rem-
nants of a surface front; an occluded cyclone that
formed farther upstream; or vorticity debris to the rear
of a cold front as suggested recently by Schir and
Wernli (1991) in an initial-value simulation of mid-
latitude dry cyclogenesis. Previous work has demon-
strated favorable conditions for rapid surface devel-
opment involving upper-level interior potential vortic-
ity disturbances in linear quasigeostrophic (Farrell
1982, 1984) and two-dimensional semigeostrophic
nonlinear balanced models (Montgomery 1990;
Montgomery and Farrell 1990, 1991). Here, we study
the nonlinear physics of the three-dimensional moist
interaction between these dynamical entities.

The initial configuration is modeled by an upper-
level potential vorticity anomaly upstream of a lower-
level potential vorticity anomaly. A sketch of the initial
flow is given in Fig. 1. East is defined as positive X and
north is defined as positive Y. Of course, the solution
phase space spanned by (2.3, 2.4) is large and an ex-
haustive study of various flow configurations has not
been attempted. As far as the basic physics is concerned,
however, we believe the examples given below are rep-
resentative realizations of atmospheric flow processes.
Letting # and [/ denote the upper and lower distur-
bances, respectively, expressions for these disturbances
in geostrophic space are:

A, 1
“T1+15R21+40(Z-2Z)°
q>'% Ay ! (3.1.2)
"TI¥05RI 1+ 60(Z - 2)° 8
where
Ri=(X-X)*+ (Y- Y,)>
Ri=(X-X)’+ (Y- Y)?
12 15
Ay=—2, 4, =-=2. 1.
20° A 40 (3.1.b)
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The upper disturbance is centered at (X,, Y,, Z,)
=(2.1,2.25,0.6), and the lower disturbance is centered
at (X, Y;, Z;) = (3.1, 2.25, 0.1). We note that initial
discontinuities in spatial derivatives of (3.1) on lateral
boundaries are quickly damped and do not disrupt the
cyclogenesis processes described below.

The relative vorticity of the upper disturbance is ap-
proximately 1.5 f, while the lower disturbance has a
relative vorticity maximum on Z = Q of approximately
0.2 f. The horizontal scale of the upper-level anomaly
is approximately 450 km, and is commensurate with
observations of upper-level troughs in the polar at-
mosphere. .

First consider dry dynamics. From previous work
(MF) the local nondimensional Rossby penetration
depth, Rpen, for both elliptic equations (2.3.d,e)
varies as 1/kyQ,, where k is the characteristic wave-
number of the PV anomaly under question. The
expression for R, is strictly valid only for slowly vary-
ing PV anomalies, but we expect a qualitatively similar
result for localized anomalies. In (3.1) for example,
this suggests that R, is less than 1/6. Small-scale PV
anomalies will thus have smaller penetration depths
" than large-scale anomalies. Baroclinic coupling be-
tween anomalies PV, and PV, is typically measured
by the meridional heat flux correlation between these
structures defined by v, .6, ,, where the overbar de-
notes a horizontal integral. It follows that baroclinic
coupling will be weaker for small-scale upper anomalies
than for large-scale upper anomalies. Thus for small-
scale PV anomalies confined near the tropopause and
the surface, only minimal surface development is ex-
pected.

Moist neutral dynamics can be drastically different.
Although the penetration depth for (2.3.d) is formally
unchanged by moist processes, the penetration depth
of the omega equation is substantially increased in
moist neutral regions. In these cases there is increased
omega coupling between upper- and lower-level dis-
turbances and hence far greater cyclogenesis potential.
We find rapid cyclogenesis in this case, and results
are shown in Figs. 2a-f. Salient features are dis-
cussed below.

a. Potential vorticity and vertical velocity

Figure 2a shows three snapshots of the total potential
vorticity field Qg at T = 0, 2, and 6.4 advective times
corresponding to 0, 7.92, and 25.3 h, respectively.
Contour plots of horizontal sections of Q, are shown
in the left column of Fig. 2a, while the right column
shows vertical cross sections. Vertical cross sections
correspond to y = constant planes taken through the
absolute vorticity maximum on Z = 0. Figure 2b shows
the vertical velocity in the same format as Fig. 2a, but
note the changing contour interval.

Initially, the upper potential vorticity anomaly is
slightly underneath the tropopause layer and has an
initial horizontal scale of approximately 500 km. The
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upper-level anomaly induces ascending motion in front
of it and descending motion behind it. The maximum
vertical velocity occurs at approximately Z = 0.45.
There is a secondary vertical velocity maximum in
front of the lower potential vorticity anomaly. We recall
from previous work (MF) that the assumption of con-
ditional moist neutrality produces an asymmetry in
the vertical motion response. At 7' = 0.0 the upward
velocity is approximately twice as strong as the down-
ward velocity, and the region of rising air is narrower
and deeper than the region of descending air.

By T = 2, the upper anomaly has moved toward the
lower anomaly and surface potential vorticity is gen-
erated in a local region near (x, y) = (3.7, 2.5) within
the initial low-level disturbance. Also at this time max-
imum ascent is found at Z = 0.3 with an upward ve-
locity of 0.16 (6.7 cm s~ ). At the top of the boundary
layer (Z = 0.0) the upward velocity has a maximum
of 0.11 (4.5 cm s™!), and coincides with the induced
potential vorticity maximum. By 7 = 6.4 the vortex
couplet has traveled out the right side of the compu-
tational domain and entered the western side (x peri-
odicity). The surface potential vorticity has greatly in-
creased between 7 = 2.0 and T = 6.4 and an intense
small-scale cyclone emerges near (x, y) = (0.8, 3.28).
The maximum dimensionless potential vorticity on Z
= 0.0 increases from 3.49 at T = 0.0 to 13.36 at T
= 6.4, corresponding to a dimensional increase from
1.11 to 4.27 PV units. At T = 6.4 the vertical velocity
maximum is now found on Z = 0.0 and has a mag-
nitude of 1.76 (73.9 cm's™!). At this time we also note
that the y section of the vertical velocity resembles the
primitive equation simulations of Nordeng ( 1990; see
his Figs. 10b and 12).

The surface potential vorticity maximum at 7 = 6.4
is almost surrounded by air rising out of the boundary
layer. At upper levels, the field of ascending motion
acquires a more north—south orientation, but still tends
to surround the surface potential vorticity maximum
(not shown). It is also worth noting that the region of
maximum ascent at upper levels is slightly eastward of
the surface potential vorticity maximum. The structure
of the ascending flow resembles the observations of
Harrold and Browning (1969; see their Fig. 7) and is
consistent with satellite images showing cloud patterns
partially encircling polar lows (Reed 1979; Rasmussen
1985; Shapiro et al. 1987).

Disturbances at middle levels can be influenced by
the newly formed cyclone. In this example the middle
portion of the upper potential vorticity anomaly travels
around the southern side of the surface anomaly instead
of directly over it. The uppermost portion of the
anomaly is deflected only slightly southward as it passes
over the induced cyclone (not shown).

As previously discussed (MF), latent heat release in
ascending regions generates potential vorticity at low
levels and depletes potential vorticity at upper levels.
For inviscid flow in the absence of explicit sea surface
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(z=00) Qg T=o00 (y=218) Qq
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FIG. 2a. Snapshots of moist dynamics (R, = 0.1) for the three-dimensional initial condition given by(3.1.a)at T =0, 2, and 6.4 advection
times (0.0 h, 7.96 h, and 25.3 h, respectively). Shown are contour plots of the nondimensional total potential vorticity Q, at the top of the
boundary layer Z = 0.0, and through a y section corresponding to the maximum absolute vorticity on Z = 0,0. The contour interval is
fixed at 0.50. Solid lines denote positive values. The dimensional potential vorticity is obtained via O, = N?Q,. (One N? unit corresponds
to approximately 0.32 PV units.)
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FIG. 2b. As in (a). Shown are contour plots of the nondimensional vertical velocity w at the top of the boundary layer Z = 0.0, and
through a y section corresponding to the maximum absolute vorticity on Z = 0.0. Note that the contour interval changes with time and is
generally different for each plot. A unit value of w corresponds to 41 cm s™'. Solid lines denote positive values and dashed lines denote
negative values.

fluxes, the mass-weighted integral of potential vorticity ~Appendix). However, the interaction between upper-
does not change (Hoskins et al. 1985). We find that and lower-level potential vorticity disturbances can be
Ekman pumping only slightly alters this result (see strongly influenced by the creation of local sources and
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FIG. 2c. As in (a). Shown are contour plots of the Jacobian (= wys- k/ /) at the top of the boundary layer Z = 0.0, and through a y
section corresponding to the maximum absolute vorticity on Z = 0.0. The contour interval is fixed at 0.50. Solid lines denote positive values.

sinks of potential vorticity. The potential vorticity potential vorticity minimum downstream of the cy-
structure for this example is mainly tripolar in struc- clone; and a midlevel potential vorticity maximum
ture. The three contributions are: the intense surface south of the cyclone that originated from the initial
potential vorticity maximum (cyclone); a midlevel disturbance aloft.
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FIG. 2d. As in (a). In the left column are contour plots of the potential temperature 6 at the top of the boundary layer Z

height field 54

contour interval for 64 changes for each plot. A unit value of # corresponds to 16.3 K, and a unit value of 6A corresponds to approximately

1.2 mb. Dashed lines denote negative values.
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FIG. 2e. Snapshots of moist dynamics (R, = 0.1) for the three-dimensional initial condition given by (3.1.a) at 7 = 0 and 6.4 advection
times (0.0 h and 25.3 h, respectively). Vector plots of the nondimensional geostrophic winds u, in geostrophic coordinates are shown in
each column. The winds at Z = 0.5 (=~500 mb) are displayed in the upper plot, and the winds on Z = 0.0 are displayed in the lower plot.
The horizontal vector in the bottom left corner of each vertical pair corresponds to 30 m s™'. Note that the scale contraction implied by

(2.4.e,f) is not included in this plot.

b. Absolute vorticity

Figure 2c shows the nondimensional Jacobian [J in
(2.3, 24)] at T = 0.0, 2.0, and 6.4 advection times
(0.0, 7.96, and 25.3 h, respectively) in the same format
as Fig. 2a. Since the Jacobian and the nondimensional
vertical component of absolute vorticity are equal, they
will be referred to interchangeably.

At T = 0.0 the vertical structure of the absolute vor-
ticity field tilts slightly westward with height, and in-
dicates a favorable configuration for extracting avail-
able potential energy from the basic state. A rapid
spinup of absolute surface vorticity occurs at later
times. At 7 = 2.0 the maximum absolute vorticity oc-
curs at the surface with a maximum of 2.0f. At T = 6.4,
the absolute vorticity on Z = 0.0 has increased to 20.0f.
Magnitudes are consistent with observations taken
from a research flight through a polar low that report

relative vorticities of approximately 20/ near the
storm’s center (Shapiro et al. 1987).

The scale contraction evident in the vorticity field
and other fields discussed below is a very striking feature
of these examples. This effect is implicit in the nonlin-
ear transformation from geostrophic coordinates back
to real coordinates via Eq. (2.4.e,f). Consider the Ja-
cobian field on Z = 0.0 at T = 6.4. The region with
Jacobian greater than 1.5 is crescent shaped; its south-
ern portion is associated with the cold front; and its
central portion is associated with the surface potential
vorticity maximum. The width of this region is much
smaller than one horizontal unit, a Rossby radius (428
km). Thus, if either the surface absolute vorticity or
potential vorticity were used as proxy for indicating a
cyclone’s scale, then this model cyclone would surely
be classified as subsynoptic. The cyclone’s radius of
maximum winds and frontal scale (discussed shortly)
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F1G. 2f. Meridional geostrophic wind v, on Z = 0.0 versus eastward
distance 7 from the storm center. The top and bottom plots correspond
to the simulation with Ry = 0.1 and R, = 0.2, respectively, and the
Y section corresponds to the maximum absolute vorticity. Shown
are the initial and final radial wind distributions in both geostrophic
and real coordinates. A unit value of v, corresponds to 30 ms™',
and a unit value of r corresponds to 428 km. The innermost curve
for each pair is the wind distribution in real coordinates. The radius
of maximum wind for v, in real coordinates is 219 km and 168 km
for Ry = 0.1 and R, = 0.2, respectively. These plots are not symmetric
averages.

tend to corroborate this classification. Numerical in-
tegration was terminated at 7' = 6.4 since the Jacobian
rapidly increased shortly thereafter. Remarks concern-
ing the tendency of this model to “blow up” in finite
time and a discussion of this cyclone’s ultimate hori-
zontal scale are reserved for the conclusion.

¢. Thermal structure

The left column of Fig. 2d shows three contour plots
of the potential temperature field ® on Z = 0 for the
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same times as Fig. 2a. The environmental meridional
temperature gradient is approximately 18 K/ 1000 km.
The cold thermal perturbation associated with the po-
tential vorticity disturbances aloft is found in the center
of the model domain. As time increases the thermal
contours become wrapped around the induced cyclone.
By T = 6.4 a cold front has formed to the southwest
of the cyclone and is advancing toward the southeast.
There is also a warm front on the cyclone’s northwest
flank. The frontal configuration resembles the bent-
back warm front and frontal T-bone of Shapiro et al.
(1990). Observations in the vicinity of polar lows show
similar frontal structures (Mullen 1983; Shapiro et al.
1987). .

At T = 6.4 a tongue of warm air intrudes into colder
air, and its end portion resides in the storm’s south-
western sector. Cold air has been drawn southward and
begins to encircle the warm tongue. Flight observations
within a polar low report a warm region near the
storm’s center but on its southwest side (see Fig. 12 of
Shapiro et al. 1987). The process by which warm air
becomes cut off from its parent source and gets sur-
rounded by colder air is termed “warm air seclusion.”

d. Height field

The right column of Fig. 2d displays the height field
oh=¢/gfor Z = 0. At T = 0 the height perturbation
anomaly over the model domain has a deficit of 6.5
dam (7.8 mb pressure deficit). The vortex couplet pro-
duces the elliptical height contours at 7= 0.0. At early
times the upper-level height anomaly overtakes the low-
level anomaly, but at later times the upper- and low-
level height anomalies become almost vertically
aligned. The surface height field drops rapidly as the
couplet travels out the right side of the domain and
enters the western side. The height field anomaly at T
= 6.41is 22.3 dam (26.7 mb pressure deficit). The pres-
sure drops approximately 19 mb in a 25-h period. A
barograph plot (not shown) gives no indication of
pressure filling at 7 = 6.4, and other numerical exper-
iments indicate that it would continue deepening at
later times. Also note the reduction in scale of the sur-
face height field anomaly.

e. Horizontal winds

Vector plots of the nondimensional geostrophic
winds u, in geostrophic coordinates are shown in Fig.
2e. Displayed are horizontal cross sections of the geo-
strophic winds at midlevel (Z = 0.5) and the top of
the boundary layer (Z = 0.0). The horizontal vector
in the bottom left corner of each vertical pair of plots
corresponds to 30 m s~'. The scale contraction near
the cyclone implied by the transformation (2.4.¢.f) is
not included in this plot. In real coordinates the radius
of maximum winds would be even closer to the storm
center. The effect of the transformation from geo-
strophic coordinates back to real coordinates is illus-
trated in Fig. 2f.
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At T = 0.0, the upper-level potential vorticity
anomaly produces cyclonic flow in the upper westerlies.
On Z = 0.0 the initial winds indicate a weak large-
scale cyclonic gyre. As the upper disturbance ap-
proaches the surface disturbance the surface winds
rapidly intensify. The maximum geostrophic winds on
Z = 0.0 increase from 0.21 at T = 0.0t0 090 at T
= 6.4. Dimensionally, this corresponds to an increase
from 6.5 m s~! to 27 m s~ in 25 h. The maximum in
the total horizontal winds uy = u, + u, (not shown)
increases from 5.4 m s~ to approximately 40 m s™*
in the same 25-h period. The supergeostrophic winds
are confined to the cyclone’s northeastern sector, and
the total winds do not appear to be circularly symmetric
about the center of minimum pressure. We note that
supergeostrophic winds are not prohibited in rapidly
developing extratropical cyclones.

If, for the same flow configuration, the moist stability
parameter is increased to Ry = 0.2 rapid cyclogenesis
is also found though at a slightly reduced rate. In this
case (not shown) a mature polar cyclone emerges at 7
= 9.0 (35.6 h) with an absolute vorticity maximum of
20 f, maximum geostrophic surface winds of 33 m s !,
a surface height anomaly of 28.3 dam (=34 mb pres-
sure deficit), and a similar frontal structure. Figure 2f
shows the radial distribution of the meridional geo-
strophic wind for both the Ry = 0.1 and Ry = 0.2 ex-
periments. The rapid increase in wind speed and the
scale contraction of the radius of maximum winds are
noteworthy features of both plots. The Ry = 0.2 case
has an even smaller radius of maximum wind (=170
km) since the storm was able to develop further before
singularity formation. Further comment regarding the
ultimate cyclone scale is reserved for the conclusion.

To assess the importance of condensational processes
in the preceding examples, results for dry-adiabatic dy-
namics (R = 1.0) are displayed in Fig. 3. The first plot
is a y = constant cross section of J, at 7 = 4.0 (15.8
h). The second and third plots correspond, respectively,
to the potential temperature and geostrophic winds on
Z=00atT=10.0(39.6 h).

In the dry case there is no surface potential vorticity
generation on Z = 0.0 and the upper potential vorticity
anomaly passes over the surface potential vorticity with
minimal baroclinic interaction. The maximum abso-
lute vorticity resides at upper levels early in the inte-
gration. A weak spinup of vorticity on Z = 0.0 does
occur at later times, with a maximum absolute vorticity
of 1.87fat T = 10.0 (not shown). The temperature
contours at 7 = 10.0 show warm air intruding into
colder air, but the frontal structure is weaker than both
runs previously discussed. Warm-air seclusion has not
occurred by T = 10.0. On Z = 0.0 the maximum geo-
strophic winds are 9 ms™!, 12 ms™}, and 18 m s~
at T' = 4.0, 6.0 and 7 = 10.0, respectively.

Evidently, for upper-level PV anomalies with hori-
zontal scales near the ambient deformation radius, the
condensation process is essential for the storm’s rapid
spinup, small horizontal scale, and large absolute vor-

MONTGOMERY AND FARRELL

2497
( y=265) Q
T=40 —@*1 :
E;gzzéééEEEEE§S;
—/"\:
20.50

) I

0.00
2
T= 10.0
z
= 0.0 u
T= 10.0 .o (517 ()/1' 14\‘4 g
REERITENNTEEREE
d01799772-20 L L
R 7777 '
! /’,\1 '
l !
y2.5—‘§ g\‘\l, Pt :l—
\ \\/f '
RN !
BRI v
A
06— 17)]0 2.5 5.0
x

FiG. 3. Dry-adiabatic dynamics (R = 1.0) for the same three-
dimensional initial condition given by (3.1a)at T=4.0and T = 10.0
advection times (15.8 h and 39.6 h, respectively). At the top a y
section of O, at 7= 15.8 h along y = 2.65 is shown. The contour
interval is 0.5. The middle plot displays the potential temperature 8
on Z = 0.0 at T = 39.6 h. The geostrophic winds on Z = 0.0 are
shown in the bottom plot. Contour and plotting conventions are the
same as in Figs. 2d and 2e.

ticities. Physically, in order to maintain thermal wind
balance in the presence of a small static stability in
ascent regions, stronger ascending currents are re-
quired. This strong ascent results in vortex stretching
at low levels and generation of surface potential vor-
ticity that then augments the baroclinic interaction be-
tween these systems.

We also note that while there are slowly growing
unstable modes present in these calculations (with e-
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folding times greater than cyclogenesis time scales),

they have insufficient time to have a significant impact
on the cyclogenesis process. In these examples, the
simulated cyclones rapidly become nonlinear entities.
These occluded structures result from a nonlinear evo-
lutionary process and are not usefully viewed as the
asymptotic emergence of the most unstable eigenmode
of a linear eigenvalue calculation.

Previous work investigated a secondary development
phase, called diabatic destabilization, associated with
the generation of potential vorticity in ascent regions
at low levels (MF). This secondary development has
no counterpart in dry-adiabatic dynamics. In the first
two examples this process follows the PV interaction.
To focus on this process the model is initialized with
Jjust a low-level potential vorticity disturbance of similar
form as'(3.1), but with maxima on Z = 0.0. The dis-
turbance is given by

&, =0.0
A 1
3 = - (3.
I+ 10RI 1 + 6022 (32)
where
' 10
A=——,
! 40

R, is the same as in (3.1), and the lower disturbance
is centered at (X}, Y}, Z;) = (2.5, 2.5, 0.0). A value of
Ry = 0.1 is used for the moist stability parameter and
the Ekman pumping strength is as in Table 1.

Figure 4a shows a y = const cross section of Q, and
the Jacobian fields at 7= 0.0 and 7" = 10.0. Figure 4b
shows horizontal sections of Q, and the geostrophic
winds on Z = 0.0 at the latter time. By 7" = 10.0, a
moderate spinup along Z = 0.0 has occurred in asso-
ciation with the generation of low-level potential vor-
ticity in ascent regions. Also note that by this time the
surface vortex has traveled out the right side of the
model domain and entered the west side of the domain.
The induced low-level potential vorticity is strongly
localized and has an attendant cyclonic circulation
around it. The maximum absolute vorticity on Z = 0.0
increases from 1.75fat T = 0.0 to 6.53 fat T = 10.0,
while the nondimensional surface potential vorticity
increases from 4.31 to 7.69. The latter corresponds to
an increase from 1.37 to 2.46 PV units. The potential
vorticity structure at 7' = 10.0 is dipolar with a potential
vorticity maximum near the surface and a midlevel
potential vorticity minimum downstream of the surface
maximum. As discussed in previous work (MF) this
configuration results in a poleward heat transport con-
verting available potential energy into disturbance en-
ergy. The maximum geostrophic surface winds increase
from 4.51020.7 m s~! by T = 10.0. As in the previous
examples, the resultant vortex is a localized nonlinear
structure. It is the product of an evolutionary process,
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and not simply the asymptotic emergence of the most
unstable eigenmode of a linear eigenvalue calculation.

Previous work investigated diabatic destabilization
in an idealized 2D inviscid semigeostrophic model
(MF). In every case we found that the vortex strength,
measured by the absolute vorticity, increased steadily
with time after an initial adjustment of the vortex to
its moist neutral environment. In the presence of an
Ekman layer in the three-dimensional model, we find
the vortex slowly decays initially, but the potential vor-
ticity generation soon dominates the dissipation and
the vortex intensifies. We interpret this initial decay as
an adjustment of the vortex to both the Ekman layer
and the near-moist neutral environment. If we fix the
(nondimensional) Ekman pumping strength at &
= 7.14 X 1072, but slightly increase the moist stability
parameter to Ro = 0.2, we still find a gradually inten-
sifying vortex. In general, this intensification process
proceeds more slowly than the moist baroclinic inter-
action. Nonetheless, diabatic destabilization appears
robust as long as the atmosphere is maintained near
moist neutral (R — 0). Experiments with larger R,
have not been performed, though presumably there is
a threshold value R, above which dissipation becomes
dominant and the vortex decays.

Conceptually, the life cycle for midlatitude cyclones
that form over land consists of a developmental stage
followed by a filling phase in which the cyclone decays
by frictional inflow (Bjerknes 1951). Of course, a cy-
clone’s life span can be prolonged by the passage of a
nearby mobile trough. In contrast, barring any external
influences, the secondary phase of the polar low life
cycle is quite different. Polar lows tend to retain their
intensity until they move inland (Nordeng 1990). The
preceding example illustrates a simple mechanism for
maintaining cyclone intensity in the presence of near-
neutral static stability for ascent.

As discussed in previous work (MF), a localized
vortex will not remain thermally balanced in a surface
baroclinic zone without ascending and descending
motions. For moist dynamics, surface potential vor-
ticity will be produced in ascent regions. In fact, in the
R — 0 limit most of the induced potential vorticity
goes directly into absolute vorticity. Thus, depending
on the relative magnitudes of friction (§) and the moist
stability parameter (R), spindown may be opposed or
reduced by this vorticity-generating mechanism. Ac-
cording to this schematic when polar lows move inland,
or move into an area of reduced moist convection, R
effectively becomes close to unity and surface friction
becomes dominant.

4. Discussion and conclusions

We have investigated the dynamics of polar lows
within the context of a three-dimensional geostrophic
momentum model that incorporates the condensation
process and includes strong baroclinic dynamics. Par-
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FIG. 4a. Illustration of diabatic destabilization. Snapshots of moist dynamics (Ry = 0.1 ) for the three-dimensional initial condition given
by (3.2)at T = 0, and 10.0 advection times (0.0 and 39.6 h, respectively). The left-hand column shows contour plots of the nondimensional
total potential vorticity Q, for y = 2.50 and y = 3.59. The right column shows contour plots of the Jacobian field for the same ¥y sections.
The contour interval for both Q, and Jacobian is 0.5. Solid lines denote positive values.

ticular emphasis was placed on understanding the in-
fluence of upper-level potential vorticity disturbances
on the formation process. Remarkably, it appears that
even in the absence of cooperative intensification
mechanisms, many of the principal features of the ma-
ture polar low (i.e., a rapidly forming subsynoptic-scale
cyclone possessing hurricane force winds and a rela-
tively warm core) are within reach of this model.

An example of polar low formation in association
with interacting upper- and lower-level potential vor-
ticity anomalies in a near-moist neutral environment
(Ro = 0.1) resulted in a mature polar cyclone in a
period of 25 h. The model storm was characterized by
maximum surface winds exceeding 30 m s™!, a hori-
zontal scale of approximately 500 km, a pressure deficit
of 26.7 mb, and a relatively warm core near the storm
center. A bent-back frontal structure formed in the vi-

cinity of the polar low. At a slightly increased moist
stability (Rp = 0.2), an even stronger cyclone forms
with a pressure drop of approximately 34 mb, but at
a longer time of 35.6 h. In contrast, when this example
is run for a dry atmosphere a minimal cyclone is pro-
duced with maximum surface winds of 12 ms™'at T
= 25 h and a weak frontal structure at 7 = 40 h. The
scale of the dry storm was comparatively much larger
than the moist storms. For upper-level PV anomalies
with horizontal scales near the ambient deformation
radius, moist processes appear essential for the rapid
emergence of the mature subsynoptic storm structure.

Numerical experiments suggest a conceptual model
in which polar low development occurs in two stages.
The first stage comprises an interaction between upper-
level and lower-level potential vorticity anomalies in
a nearly moist neutral baroclinic atmosphere. For a
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FIG. 4b. Digbatjc destabilization continued. As in (a) but shown are horizontal sections of the nondimensional potential vorticity Q, and
the .geostrophlc w‘md u,on Z = 0.0 at T = 10.0 (39.6 h). The contour interval for g, is 0.5 and solid lines denote positive values. The
horizontal vector in the bottom left corner of the u, plot corresponds to 30 m s~'. The transformation back to real coordinates is not included

in the u, plot.

small value of the moist stability parameter, Ry, inter-
preted here as the deviation from conditional moist
neutrality, thermal wind balance requires strong as-
cending motions ahead of the oncoming trough. The
enhanced omega response causes rapid low-level spinup
and generation of low- and midlevel potential vorticity
anomalies that augment the baroclinic interaction be-
tween these systems. A secondary intensification ensues
associated primarily with the diabatic production of
low-level potential vorticity in ascending regions. For
the near-moist neutral case moderate Ekman pumping
does not negate this secondary development process.
In previous work (MF) we called the moist PV inter-
action induced self-development (ISD) and the sec-
ondary intensification stage diabatic destabilization.
Perhaps a more appropriate name for the latter process
would be diabatic intensification, though in any event
the secondary stage generally proceeds at a slower rate
than the primary stage.

In this work we characterize both ISD and diabatic
destabilization as finite-amplitude evolutionary pro-
cesses. The simulated cyclone structures rapidly be-
come nonlinear entities, and they have little to do with
slowly growing unstable eigenmodes for either the dry
or moist linear instability problems.

Observations indicate that polar lows often maintain
their intensity, or slowly intensify until they reach land.
Diabatic destabilization represents a simple mechanism
for maintaining the intensity of these systems over wa-
ter provided a suitable portion of the lower atmosphere
is maintained nearly moist neutral. In exceptional in-
stances of polar cyclogenesis with negligible upper-level
forcing, diabatic destabilization can also describe the
gradual intensification of small-scale vortices in regions
of sustained neutrality and surface baroclinicity.

The polar cyclogenesis theory described above is re-

lated to an earlier conceptual model of polar low de-
velopment that envisioned development in two discrete
stages, an initial phase followed by a secondary phase.
Initial development occurred through a dry-adiabatic
transient interaction between a mobile upper-level
trough and a low-level disturbance, in analogy with the
theory advanced for describing midlatitude cycloge-
nesis (Farrell 1982). The CISK and/or air-sea inter-
action mechanisms were then invoked for the second-
ary cyclone intensification phase (Rasmussen 1985;
Emanuel and Rotunno 1989; Nordeng 1990). In con-
trast, our results suggest that both the initial and sec-
ondary phases can be viewed as a synthesis of ISD and
diabatic destabilization. The dry-adiabatic transient
process is obviously contained within this more com-
plete theory, but additional physical mechanisms not
included in the present model appear unnecessary for
describing the bulk of the formation process. While
cooperative intensification processes associated with
either CISK or air-sea interaction may be operative in
the later phase of development, neither appears essen-
tial. Such processes may play the role of a cyclone “af-
terburner.”>

We suggest that the relatively warm core observed
near the center of polar lows is primarily due to warm-
air seclusion, a process in which warm air from the
south intrudes into the center of the storm, becomes
cut off from its source, and gets surrounded by colder
air from the north that is cyclonically wound around
the storm. Observations are consistent with this sche-
matic. Model results with moist dynamics show a rapid

3 We believe the current conceptual model is also applicable to the
case of explosive midlatitude cyclogenesis. Model results are trans-
ferable by relatively small changes in the three nondimensional pa-
rameters given in Table 1.



15 DECEMBER 1992

intrusion of warm air into the storm center, followed
by wrapping of colder air around the warm-air patch.

Polar lows often possess a cloud-free “eye” in the
center. The inner structure of the more intense polar
lows may indeed be similar to the eye of a hurricane
with subsiding air in the center and a warm dry core
(Businger 1991). In such cases the warm inner core
could result from a combination of warm-air seclusion
and dry-adiabatic compression. Recall that for a lam-
inar Ekman layer the vertical velocity at the top of the
boundary layer does not vanish at the storm center.
For a turbulent Ekman layer on the other hand, the
vertical velocity at the top of the boundary layer van-
ishes at the center and increases linearly with radius
[Eliassen 1971; Gill 1982, see Eq. (9.5.3)]. Eliassen
suggested that the eye structure of a hurricane, with
the main ascending currents occurring near the eyewall,
may be the result of Ekman layer control. A similar
Ekman pumping effect might account for the eye
structure of some polar lows. In this work, ascending
air in the later developmental phase tends to surround
the storm center, and results are consistent with ob-
served cloud patterns taken from satellite images. Pres-
ent model results, however, do not exhibit subsidence
in the center of the storm. Numerical integrations were
terminated near the onset of the mature phase, and a
hurricane-like inner core may still be within this mod-
el’s grasp (see comments below).

The formulation of a self-consistent lower boundary
condition for the geostrophic momentum approxi-
mation has been carried out by Blumen and Wu
(1982). Other theoretical work has addressed the non-
linear boundary-layer dynamics of steady (Carrier et
al. 1971; Eliassen 1971; Carrier 1971), and time-de-
pendent (Barcilon 1965; Carrier 1971; McWilliams
1971; Eliassen and Lystad 1977) axisymmetric swirling
flows. The Ekman condition used in this work was
chosen for its simplicity. It would be of interest to com-
pare these formulations in order to assess the sensitivity
of the inner-core structure to the parameterized
boundary layer. Further observations of polar low in-
teriors and continued research in swirling boundary-
layer flows should provide a more complete under-
standing of the mature inner core of polar lows,

The idealized baroclinic environment used was a
uniform meridional temperature gradient plus a tro-
popause layer. More complex mean flows would have
only complicated modeling of the fundamental phys-
ical processes, but it is nevertheless important to un-
derstand the dynamics of polar lows in more realistic
flow settings. Polar lows occur in a variety of flow en-
vironments. For example, polar lows often form pole-
ward of the polar jet, giving rise to comma-shaped cloud
patterns (Reed 1979). Polar lows are also observed to
form in low-level baroclinic zones that are embedded
within occluded synoptic-scale cyclones (Bond and
Shapiro 1991). Finally, polar lows are sometimes ob-
served to occur in a train or cluster of small-scale cy-
clones (Reed and Duncan 1987; Rasmussen 1985).
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Understanding the influences of the flow environment
on the formation and the mature structure of polar
lows is an important topic for further study.

Recent work of Snyder et al. (1991) has compared
the primitive equation (PE) and GM solutions for a
specific class of uniform potential vorticity flows. Their
study finds systematic difference between the GM and
PE models with respect to the horizontal phase tilt of
a developing baroclinic wave and the strength of the
model anticyclones. However, the strength of the GM
cyclone closely matches the strength of the PE cyclone
well into the nonlinear life cycle (their day 6.3). More-
over, when the nonlinear Jacobian term (traditionally
neglected in GM life-cycle simulations) is retained, the
full GM model tracks the PE model a bit more closely
than the simpler GM model (see their Fig. 10). There-
fore, it seems that the full GM system given by (2.3,
2.4), although not formally valid for high-curvature
vorticity flows, may nevertheless capture the essence
of the cyclogenesis process. In this work the goal was
to develop a conceptual model for polar low formation
and the GM system is perhaps the simplest model
framework for such a study. While it is possible that
the PE model may produce a more pronounced seclu-
sion and an even stronger cyclone in the mature phase,
the basic results should nevertheless remain valid. Fur-
ther scrutiny of the discrepancies between the PE and
the GM systems, as well as comparison with other in-
termediate balanced models (McWilliams and Gent
1980), is indicated for a more accurate understanding
of the complete nonlinear life cycle of polar lows.

We have been unable to investigate the fully mature
polar low structure. Numerical integrations were ter-
minated when the absolute vorticity exceeded 20 fsince
it tended to become infinite shortly thereafter. The pri-
mary goal was to illuminate the basic genesis process,
but we have shown that much of the mature structure
emerges before the onset of the singularity. In fact, were
it not for this singularity, model results suggest that a
further intensification would occur. A model that al-
lowed continuation of the integration beyond this sin-
gularity while also permitting further storm develop-
ment would be of value. Such a method would perhaps
render the GM system integrable for all times and per-
mit study of the fully nonlinear cyclone structure. Re-
cent work has addressed the problem of continuing the
GM system beyond the time of singularity formation,
T., for the case of two-dimensional uniform potential
vorticity flows. One method introduces explicit diffu-
sion within the frontal zone to prevent the formation
of infinite vorticity in order to provide a more realistic
description of dry frontal equilibration (Nakamura and
Held 1989; Blumen 1990a,b). Another method entails
tracing the development of the frontal discontinuity
into the fluid domain for 7= T, (Cullen 1983; Cullen
and Purser 1984; Cho and Koshyk 1989).

A striking feature noted in the moist runs was the
rapid scale contraction of the polar low. Scale reduction
is ultimately caused by retention of ageostrophic ad-
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vections included in the GM approximation, but small
R dynamics greatly increases the rate of the contraction
process. Physically speaking, dissipative processes
should preclude singularity formation and a complete
representation of the centrifugal force would ultimately
stop the contraction process. The end result would then
be a mature subsynoptic cyclone that has equilibrated
or is slowly decaying. We surmise that the main pa-
rameters that determine the cyclone scale are the initial
scale of the.upper- and lower-level disturbance; the de-
viation from moist neutrality R; and the strength of
the dissipation. The problem of equilibration and the
mature structure remains for future work.

Our approach for studying polar lows is similar in
theme to previous work (MF), and we stress the initial-
value approach for understanding the cyclogenesis
process. Although the physical - mechanisms that pro-
duce mobile upper-level potential vorticity anomalies
are not addressed here, we acknowledge their crucial
role in the formation process and choose representative
initial conditions that are consistent with observations.
We contend that polar lows do not form by sponta-
neous instabilities, but are driven by potential vorticity
disturbances aloft. This theory implies that upper-level
tropospheric data are crucial for understanding and
predicting the formation of these storm systems.

Taking a more general viewpoint, we hypothesize
that the formative mechanisms for polar lows are in
fact the same as the-formative mechanisms for mid-
latitude cyclones, with moist processes playing a more
central role in the polar low case. We further surmise
that the essence of these systems and the great variety
of arctic and midlatitude cyclones in the earth’s at-
mosphere can be understood within the context of a
simple balanced model framework.
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APPENDIX
Lower Boundary Condition for the Vertical Velocity

In this Appendix we describe the lower boundary
condition for the vertical velocity and summarize its
basic properties. While there is no doubt that inviscid
models continue to prove useful in our understanding
of large-scale atmospheric dynamics, it is certainly not
wholly justified to neglect surface friction in life-cycle
simulations of cyclones and fronts.

From a dynamics viewpoint, frictional forces in-
duced by the no-slip boundary condition disrupt the
primary geostrophic balance and tend to accelerate
boundary-layer air toward regions of lower pressure.
For an idealized axisymmetric vortex in a resting at-
mosphere, boundary-layer parcels spiral toward the
center and get ejected into the flow above. In the ab-
sence of an auxiliary intensification mechanism the
induced secondary circulation causes vortex spindown.

From an energetics viewpoint, we expect boundary-
layer dissipation to be a substantial part of the mature
polar low’s energy budget. A recent analytical study
incorporating momentum diffusion in 2D frontal zones
estimates the viscous dissipation rate to be 250 W m™2
for a mature surface front (Blumen 1990b). This is

. substantially larger than 1-5 W m™2, the average dis-

sipation rate in the planetary boundary layer. It is likely
that similar magnitudes are to be found within frontal
zones of mature polar lows.

-In this work we assume that the primary eﬁ“ects of
boundary-layer processes are to maintain moist neu-
trality in regions of unlimited moisture supply and to
redistribute mass between the boundary layer and the
flow interior. In theoretical models it is customary to
represent the latter process by specifying the vertical
velocity at the top of the boundary layer (Z = 0). The
stmplest Ekman formulation equates the vertical ve-
locity on Z = 0 to the vertical component of the surface
stress curl, and is asymptotically valid in the boundary-
layer approximation as the Rossby number tends to
zero (Gill 1982). Using the scaling of Table | and sup-
pressing explicit time dependence, the nondimensional
formula is
7.(5) _iT(S)) , (Al

dy

where delta is defined in Table 1, and 7 and 7
comprise the meridional and zonal components of the
surface stress, respectively. Equation (Al) is defined
in real coordinates and transformed to geostrophic co-
ordinates below. Also, an explicit formula for the stress
is not yet specified. For doubly periodic surface stresses,
or vanishing stresses at infinity, the pumping condition
(A1) ensures that mass is conserved and merely redis-
tributed between the interior and boundary-layer flow,
that is,

w(x,y,z= )—5(ax

f w(x, vy, z = 0)dxdy = 0,
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and integration is taken over the entire horizontal do-
main.

At Rossby numbers of order unity (A1) is no longer
formally justified. For such flow regimes an alternative
Ekman formulation that is consistent with the GM
approximation has been developed by Blumen and Wu
(1982). However, for the purposes of illustrating basic
ideas we choose the simpler formulation (A1) in this
work. Possible directions for further work concerning
the boundary-layer dynamics of mature polar lows are
discussed in the conclusion.

Numerical integrations of (2.3, 2.4) are carried out
in geostrophic coordinates with (A1) transformed ac-
cordingly. The transformation formulas of Hoskins
(1975) give, after some simplification,

d (s i
w(X, Y,Z=0)=5J(§T‘z’ 5)7’(1)) (A2)
where
1 dul® 1 dv'®
) _ _(s) 1+ — £ RN ) I g
& ( v}?,-ay) VR oY
1 vl 1 ul®
D _ Lof] - —=2 (s) __ 78
n ( vmx) " VR X

and nomenclature is the same as the main text. The
lower boundary condition for the omega equation fol-
lows from (2.4.b).

In the presence of dissipation the mass-weighted in-
tegral of potential vorticity is no longer a flow invariant.
A nondimensional tendency equation for the integral
of potential vorticity can be obtained directly from (2.3,
2.4) upon transforming to geostrophic coordinates via

0 I¢]
a—lngdSXZIﬁ(QgJ_')d3X, (A3)

where integration is taken over the entire flow domain,
d’x = dxdydz, and d*X = DX DY DZ. The rhs of
(A3) is further evaluated with the use of (2.3.a) and
the evolution equation for the inverse Jacobian (Hos-
kins and Draghici 1977),

5} ow*
— J ==, V- —
aT et Y oz
For doubly periodic flows, or flows that vanish at in-
finity, the tendency equation simplifies to

ad
a—thgd3x= f w*Qe . d*X = f W Qe d’x, (A4)

where the rhs of (A4) is evaluated on Z = 0, and w*
and Q, . are defined in (2.4). We note that (A4) is
exact within the stated assumptions of our model, and
in particular the heating contribution on Z = 0.0 has
not been neglected.

In the simple case of dry dynamics with uniform
interior PV, the rhs of (A4) vanishes identically since
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the Ekman layer is mass conserving. In this work we
find that Ekman pumping [using (A2) and (2.4.h)]
only slightly changes the global integral of potential
vorticity for both moist and dry dynamics with non-
uniform interior PV. During the course of integrations
we monitor changes in the global potential vorticity by
evaluating

= _ 1 1.3
Qg‘(LxLy)f O d°X

at each time step using a simple trapezoidal quadrature
rule. For the first example of section 2 with Ry = 0.1,
numerical values for Q, at 7= 0.0, 3.0, 6.4 were 2.4014,
2.4086, 2.4106, respectively. Apparently, despite strong
Ekman pumping (see Fig. 2b), the ascending and de-
scending contributions to the integral on the rhs of
(A4) tend to compensate. We find this to be generally
the case.

Further remarks regarding simulations with initial
conditions of the form (3.1) are also noted. Without
Ekman pumping (6 = 0), but with moderately small
moist stability (Ry = 0.2), a well-developed cyclone
forms before onset of the vorticity singularity. However,
for smaller values of the moist stability (R, = 0.1),
numerical solutions exhibit large vorticities at early
times ( ~3-4 advection times) and we are unable to
integrate beyond this point. In reality, since dissipative
processes tend to inhibit singularity formation we be-
lieve no generality is lost by adding an Ekman layer
on Z = 0. For small R (Ry = 0.1), the Ekman layer
facilitates integration of (2.3, 2.4) well into the non-
linear phase before singularity formation. Unfortu-
nately, even the quadratic stress parameterization given
by (2.4.h) is unable to prevent singularity formation
in finite time. Explicit diffusion may be required in the
mature stage (e.g., see Blumen 1990a; Nakamura and
Held 1989).
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